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... the ocean is still out there, magniﬁcent and wide.
She's got open arms to hold me, and endless space to hide,
And the only things that hold me back are things I hold inside,
The ocean is still out there, magniﬁcent and wide.
A-sailing I should go.
Frank Turner

Abstract
The North Atlantic Ocean plays a major role in climate change not least due to its
importance in CO2 uptake and thus natural carbon sequestration. The CO2 concentra-
tion in its surface waters, which determines the ocean's CO2 sink/source function, varies
on seasonal and interannual timescales and is mainly driven by air-sea gas exchange
and biological production/respiration. However, the quantiﬁcation of these processes is
still aicted with a high degree of uncertainty. During the past 30 years substantial
progress has been made in observing the CO2 variability in the surface ocean by per-
forming extensive underway measurements on board voluntary observing ships (VOS).
Isotope measurements of dissolved inorganic carbon as a tracer for mass ﬂows between
diﬀerent reservoirs can also help to improve the understanding of the controls of the
surface ocean carbon system. One major limitation of using isotope data lies in the
signiﬁcant eﬀort involved in their collection and the resulting scarce number of available
data. Continuous wave Cavity Ringdown Spectroscopy (cw -CRDS), a relatively novel
technology that has recently been introduced into environmental research, now provides
the possibility of precise and continuous isotope ratio measurements. In combination
with a classical, equilibrator based pCO2 system, this technique enables underway iso-
tope ratio measurements with a high temporal and spatial resolution. A cavity ringdown
spectrometer (G2131-i, Picarro, USA) was installed on a VOS line that regularly sails
across the subpolar North Atlantic between North America and Europe. From summer
2012 to the end of 2014, two and a half years of δ13C(CO2) underway data was obtained
along with continuous measurements of temperature, salinity and fCO2. Combined
with a discrete sampling program (consisting of DIC, TA, nutrients, Chl a, POM, DOC,
δ13C(POC) and δ15N(PON) samples), the dynamics of the upper North Atlantic Ocean
were studied. This analysis comprises interannual variations of fCO2 and δ13C(CO2),
relative changes of nutrient concentration in comparison with C:N ratios of suspended
particle matter, biologically and mixing driven variability in DIC and δ13C(DIC) and the
fractionation between dissolved CO2 and particulate matter. Based on the variations in
DIC, fCO2, δ13C(DIC), nitrate, phosphate and silicate, the respective change rates and
overall inventory changes due to air-sea gas exchange, net community production and
convective mixing were calculated utilizing a box model.
Zusammenfassung
Der Nordatlantik spielt eine wichtige Rolle für den Klimawandel. In dieser Region wird
anthropogenes CO2 aus der Atmosphäre im Ozean gebunden. Das Ausmaß dieser
Senke wird durch die Konzentration an CO2 im Oberﬂächenwasser, die jahreszeitlichen
sowie zwischenjährlichen Schwankungen unterliegt, bestimmt. Diese Veränderungen der
CO2 Konzentration werden hauptsächlich durch den Gasaustausch mit der Atmosphäre
und den Auf- und Abbau von Biomasse getrieben. Die quantitative Beschreibung dieser
Prozesse ist allerdings noch immer mit starken Fehlern behaftet. In den letzten 30 Jahren
konnte unser Wissen über die CO2 Variabilität des Oberﬂächenozeans mit Hilfe eines
umfangreichen Messprogramms deutlich verbessert werden. Ein Großteil dieser Messun-
gen wurde an Bord von, so genannten 'Voluntary Observing Ships' (VOS) durchgeführt.
Neben der Analyse von Konzentrationsänderungen kann die isotopische Zusammenset-
zung einer Substanz Hinweise auf Transportprozesse zwischen verschiedenen Reservoiren,
wie z.B. Atmosphäre und Ozean, geben. Bisher war die Verwendung dieser Isotopiemes-
sungen allerdings häuﬁg durch die komplizierte und zeitaufwändige Probenanalyse im
Labor und die daher schlechte räumliche und zeitliche Auﬂösung der Daten limitiert.
Cavity Ringdown Spektroskopie (CRDS) ist eine relativ neu entwickelte Technologie
im Bereich der Umweltanalytik, die es uns jetzt ermöglicht, kontinuierlich die Isotopie
einer Substanz aufzulösen. Kombiniert mit einem klassischen, auf einem Equilibrator
basierenden pCO2-Messystem, sind nun kontinuierliche Messungen der CO2 Isotopie
des Oberﬂächenozeans direkt auf See möglich. Während dieser Arbeit wurde ein CRDS
(G2131-i, Picarro, USA)) auf einem VOS, das regelmäßig zwischen Nordeuropa und Nor-
damerika pendelt, installiert. Zwischen Mitte 2012 und Ende 2014 konnten δ13C(CO2)
Daten des oberﬂächennahen Nordatlantiks, sowie die dazughörige Wassertemperatur,
der Salzgehalt und die fCO2, aufgenommen werden. Zusammen mit einem diskreten
Probenprogramm (bestehend aus DIC, TA, Nährstoﬀen, Chl a, POM, DOC, δ13C(POC)
und δ15N(PON) Proben) konnte die Dynamik des oberen Nordatlantiks untersucht wer-
den. Diese Analyse kombiniert die Jahresgänge von fCO2 und δ13C(CO2), die relativen
Veränderungen der Nährstoﬀkonzentrationen im Vergleich mit den C:N Verhältnissen
der partikularen Biomasse, biologisch und durch Vermischung ausgelöste Verändern-
gen im DIC und δ13C(DIC), sowie die Fraktionierung zwischen gelöstem CO2 und par-
tikulärem Kohlenstoﬀ. Basierend auf den Veränderungen in DIC, fCO2, δ13C(DIC),
Nitrat, Phosphat und Silikat, wurden die jeweiligen Änderungsraten und die jeweili-
gen Budgetänderungen durch Gasaustausch mit der Atmosphäre, Netto Kohlenstoﬀauf-
nahme der Planktongemeinschaft (NCP) und Durchmischung mit einem Box-Modell
berechnet.
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1 Introduction
Since the ﬁrst observation of a rising carbon dioxide (CO2) content in the atmosphere
(Keeling, 1960), the Earth's carbon cycle has received particular attention. Under-
standing which exact processes are forcing this increase and which have the potential
to weaken it has become one of the major tasks of humankind. Since the start of the
industrialization in the 18th century, the carbon content in the atmosphere rose from
xCO2 = 279ppmv to currently (January 2016) xCO2 = 402.59ppmv (Dlugokencky and
Tans, 2016). The increase during the last decades from 355 ppmv to about 400 ppmv
and the simultaneous decrease in its stable carbon isotope ratio at the atmospheric mea-
surement site in Bermuda (32.26 ◦N, -64.88 ◦E) is shown in Figure 1.1. This increase is
caused by the combustion of fossil fuels and emissions due to land use changes which
are both mediated by the ongoing industrialization as conﬁrmed through the isotope
measurements. The annual variability of CO2 and its stable carbon isotope ratio is
mostly driven by changes in land biomass which reduces the atmospheric carbon con-
tent towards a minimum in CO2 in late summer. The rising CO2 in the atmosphere is
only accounting for about half of the carbon that was released via fossil fuel combus-
tion and land use changes. The other half is stored in the ocean and in vegetation and
soils. The amount of carbon stored in land vegetation and soils is usually calculated
as the diﬀerence between sources, remaining carbon in the atmosphere and the ocean
sink (Le Quéré et al., 2015). In this approach, a better estimation of the ocean carbon
sink subsequently reduces the uncertainty in the land carbon sink. Figure 1.2 shows a
schematic overview of the Earth's carbon cycle. The major part of the oceanic carbon
is stored in the intermediate and deep sea. The surface ocean as relative small carbon
reservoir is the only connection between the deep ocean and atmosphere.
The magnitude of the ocean carbon sink, however, is highly variable and strongly de-
pending on region, wind conditions, and the diﬀerence between atmospheric and surface
ocean CO2 partial pressure. The North Atlantic plays a major role when it comes to
quantifying the oceanic carbon sink. Here, one of the highest uptake rates of CO2 was
1
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Figure 1.1: Atmospheric CO2 concentrations and its stable carbon isotope ratio at
Bermuda (data taken from "Cooperative Global Atmospheric Data Integra-
tion Project" (2015) and White et al. (2015)).
detected ((2.2 ± 0.7)molCm−2yr−1, (Takahashi et al., 2009; Ciais et al., 2013)). This
high uptake rate is mostly driven by a large disequilibrium during the spring and summer
period. For a better quantiﬁcation of the North Atlantic carbon sink and a prediction
of its future changes it is necessary to understand the underlying processes. When and
why does the spring bloom start? How fast is biomass growing? What is supporting this
growth and what slows it down? When does it run into nutrient limitation? Which role
does the community structure of phytoplankton play (i.e., calcifying vs. non-calcifying
phytoplankton)? How many nutrients are remineralized at which depth? Which inﬂu-
ence has the the maximum winter depth for the nutrient budget and, consequently, the
productivity of the following productive season? How does this picture change spatially,
but also in response to interannual climate variability or long term processes such as
climate change? Many scientists are working towards ﬁnding answers to these questions
by doing ﬁeld measurements, lab experiments or model studies. In addition, much eﬀort
is being made to improve the understanding of the gas exchange velocity and its rela-
tionship with the wind or an organic microlayer covering the surface ocean (Wanninkhof
et al., 2009).
Another approach considers the establishment of a widespread observation system for
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Figure 1.2: The global carbon cycle and the size of its reservoirs and annual ﬂuxes.
Black numbers denote the preindustrial conditions and red numbers account
for the respective anthropogenic inﬂuences as average over the years 2000-
2009. Arrows show the annual ﬂuxes between diﬀerent reservoirs (Ciais et al.,
2013).
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Figure 1.3: Net the air-to-sea CO2 ﬂux as estimated from surface ocean pCO2 measure-
ments (Takahashi et al., 2009).
CO2 dynamics in the surface ocean. Using commercial ships for investigating ocean and
atmosphere is a relatively eﬃcient method that has already been used for meteorological
measurements and monitoring changes in plankton abundances (Reid et al., 2003). Since
the possibility of autonomous measurements of surface water CO2 was developed, a
network of Voluntary Observing Ships (VOS) has been established and equipped with
measurement systems for CO2 partial pressure (pCO2). The data from this network has
been combined, quality controlled and provided the basis for calculating a climatology
of seawater pCO2 and the corresponding annual air-to-sea ﬂuxes (Takahashi et al., 2009;
Watson et al., 2009). Up until now, this data compilation is continuously growing and
provides the possibility to have a look on interannual variations in the air-to-sea CO2
ﬂux (Bakker et al., 2014; Landschützer et al., 2014).
Measuring pCO2 alone, however, does not give a complete picture. Consistent datasets
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have also been developed for other relevant parameters such as the total dissolved inor-
ganic carbon (DIC), total alkalinity (TA), nutrients and the stable carbon isotope ratio
of DIC δ13C(DIC) (Olsen et al., 2016; Becker et al., 2016). Isotope measurements can
improve the understanding of complex systems since each process has a diﬀerent im-
pact on the respective isotopomers. The measurement of stable carbon isotopes in DIC,
for example, has been used as tracer for net community production and anthropogenic
carbon (Körtzinger et al., 2003; Quay et al., 2009). However, the applicability of this
parameter was always limited due to an insuﬃcient temporal and spatial data resolution.
With the ongoing development of high resolution spectrometric methods, new measur-
ing systems became available. Robust and sensitive cavity ringdown analyzer provide
the possibility of autonomous isotope measurements directly onboard a vessel. By com-
bining these instruments with the VOS network, the spatial and temporal resolution of
isotope data can be signiﬁcantly improved.
The aim of this work is to draw a full picture of surface ocean carbon and nutrient
dynamics in the North Atlantic. Therefore, full annual cycles of stable carbon isotope
ratio of surface water CO2 have been measured on a VOS sailing routinely between
Liverpool, UK and Halifax, Canada. The changes in the stable carbon isotope ratio
were compared to continuous measurements of the fugacity of carbon dioxide (fCO2) and
discrete samples of inorganic and organic carbon parameter and nutrients. By setting
up a small box model, the seasonal inﬂuences of air-sea gas exchange, net community
production and convective mixing on the carbon and nutrient cycles in surface water
have been calculated.
At ﬁrst, an internally consistent dataset of the stable carbon isotope ratio of DIC in
the North Atlantic Ocean is presented (Chapter 4). In Chapter 5, the obtained underway
data of surface ocean fCO2 and its stable carbon isotope ratio (δ13C(CO2)) from 2012
to 2015 will be presented and its interannual variability will be interpreted. Chapter 6
describes the outcome of a simple box model and the magnitude of air-sea gas exchange,
net community production and convective mixing across the North Atlantic. In the
following, the seasonal changes in seawater fCO2 and δ13C(CO2), DIC, δ13C(DIC), TA,
chlorophyll a, particulate and dissolved organic matter, nitrate, phosphate, silicate and
nitrite will be discussed. The stoichiometric composition of the produced particulate
matter and the relative consumption of DIC, nitrate, phosphate and silicate will be
addressed in Chapter 8. Eventually, some insight into the variability of stable isotopes
in particulate carbon and nitrogen (δ13C(POC) and δ15N(PON)) and the fractionation
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between particulate organic carbon and CO2 during carbon ﬁxation will be given.
2 Scientiﬁc background
2.1 Properties of the North Atlantic Ocean
The study region, the North Atlantic between 40 and 60 ◦N, shows both, subpolar and
subtropical inﬂuences. According to Longhurst (2007) the surface water can be divided
into diﬀerent biogeographical provinces of comparable ecology, the Gulf Stream province
(GFST), the Northwest Atlantic Shelves (NWCS) and the North Atlantic Drift (NADR).
The mean surface velocity and ﬂow direction for the years 2012-2014 for this region as
well as the provinces are shown in Figure 2.1.
The GFST province is located in the western part and characterized by warm and
saline water masses that are transported northeastwards by the 'Gulf Stream'. The Gulf
Stream forms in the Gulf of Mexico, follows north the American coast and ﬁnally turns
east into the North Atlantic. The position at which it leaves the coast as well as its
strength is varying slightly during the year, with the northernmost position occurring in
fall and a more southward position in winter and early spring (Auer, 1987; Frankignoul
et al., 2001). The water transport is highest in fall and lowest in spring (Zlotnicki, 1991;
Hogg and Johns, 1995). The Gulf Stream shows a signiﬁcant meandering which changes
from a single branch to multiple fronts once it reaches the Grand Banks and shows a high
amount of eddy activity. Here it meets the western boundary current of the subpolar
gyre, the Labrador Current, which transports cold and relatively fresh water out of the
Labrador Sea and forms at the front a region with high kinetic energy. At any time of
the year cold, cyclonic eddies at the seaward side of the front and warm, anticyclonic
eddies on the shore side can be observed. These eddies can be 1000 − 3000m deep
and 100 − 300 km wide (Frankignoul et al., 2001). The cold water side is representing
the northern part of the NWCS province which covers the entire US coast between the
Florida Keys and the Street of Belle Isle.
The continuation of the northward branch of the Gulf Stream which is intensiﬁed by
mixing with the Labrador Current, is the North Atlantic Current (NAC). Most of it
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Figure 2.1: Mean surface currents from 2012-2014 and the Longurst. The arrows indi-
cate the velocity and the ﬂow direction (red: eastwards, blue: westwards)
(Bonjean and Lagerloef, 2002). According to Longhurst (2007) the diﬀer-
ent biogeographical provinces are shown (NWCS: Northwest Atlantic Shelf,
GFST: Gulf Stream, ARCT: Atlantic Arctic, NADR: North Atlantic Drift,
NAST(E): Northeast Atlantic subtropical gyre).
ﬂows north until about 52 ◦N, forms a loop and then turns east (Krauss et al., 1987).
The other part of the NAC ﬂows directly in northeastern direction. Around 30 ◦W
the NAC turns into the North Atlantic Drift Current (NADC) which is slowly moving
northeastwards, feeding the currents of the Nordic Seas. The southern boundary of the
NADC is formed by the eastwards ﬂowing southern branch of the NAC which is the
northern part of the subtropical gyre.
It could be seen that climate variations such as the North Atlantic Oscillation (NAO)
can induce latitudinal variations of the Gulf Stream and can inﬂuence the timing of the
spring bloom (Henson et al., 2009b) as well as the abundance of certain plankton species
(Hays et al., 1993; Borkman and Smayda, 2009). The mostly wind driven NADC is
also inﬂuenced by changing wind patterns, which themselves depend on the NAO (Bigg
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et al., 2005).
The biological seasonality of the sampling region is mainly driven by deep convection
in winter time which transports nutrients to the surface and a distinct spring bloom dur-
ing which the nutrients are more or less completely depleted. In the western part, where
the winter convection is not as deep, eddies and turbulence at the front of Labrador Cur-
rent and Gulf Stream play a signiﬁcant role in nutrient supply. The onset of the spring
bloom can vary by one month between the south and the north of the sampling area
but has been shown to start way before a complete stratiﬁcation is reached (Colebrook,
1982). For the eastern North Atlantic it was observed that ﬁrst a diatom-dominated
bloom is developing, which then is followed by ﬂagellates after silicate depletion has
occurred (Sieracki et al., 1993; Lochte et al., 1993). Data from Continuous Plankton
Recorder (CPR) measurements indicate a southwards decreasing spring bloom inten-
sity and increasing fall bloom intensity (Colebrook, 1979). In the frontal region of the
Labrador Current and Gulf Stream the stratiﬁcation develops earlier than in the sur-
rounding water masses. Due to this fact and a continuous nutrient supply by upwelling
the bloom can persist longer and intensiﬁed (Ferrari et al., 2015). In the eastern part
of the North Atlantic, also a small bloom in fall can be observed. The extent to which
nutrients are depleted at the end of spring bloom and deepening of the mixed layer can
trigger a bloom at the end of the summer is increasing towards the south (Chiswell et al.,
2015).
The composition of biomass in the ocean follows a relatively ﬁxed stoichiometric ratio
of C:N:P = 106:16:1, the so called Redﬁeld ratio (Redﬁeld, 1958). However, this is only a
mean value and the composition of newly produced phytoplankton biomass can deviate
widely from this ratio (Körtzinger et al., 2001). This can happen by processes such as
nitrogen ﬁxation and denitriﬁcation (Gruber and Deutsch, 2014), or a shift in internal
lipid structure from phospholipids to other lipids under phosphate limitation (Geider
and Roche, 2002). Moreover, diﬀerent responses to nutrient limitation combined with
species shifts as well as diﬀerent measurement techniques lead to a wide range of reported
element ratios for ocean biomass (Koeve, 2006).
2.2 Carbonate system
Inorganic carbon in the ocean can appear in several diﬀerent forms. When atmospheric
CO2 dissolves in the ocean (CO2,aq) it can react with water by forming true carbonic
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acid (H2CO3), which then can dissociate to bicarbonate (HCO
−
3 ) and carbonate ions
(CO2−3 ). For describing the speciation of dissolved inorganic carbon in the ocean, the
entire inorganic carbon system has to be taken into account. The two electrically neutral
forms of dissolved CO2 are usually combined and here denoted by CO2. The following
equilibria govern the marine CO2 system.
CO2,g
K0⇀↽ CO2 (2.1)
CO2 + 2 H2O
K1⇀↽ HCO−3 + H3O
+ (2.2)
HCO−3 + H2O
K2⇀↽ CO2−3 + H3O
+ (2.3)
Here, K0 is the Henry constant for carbon dioxide in seawater and K1 and K2 the
dissociation constants of carbonic acid in seawater. Please note, that all constants used
in this thesis are related to the respective concentrations and not activities in seawater.
Because of that, they depend on temperature, salinity and pressure (Mehrbach et al.,
1973; Lueker et al., 2000; Millero et al., 2002).
In typical seawater at a pH around 8, bicarbonate is the dominant species ([HCO−3 ] :
[CO2−3 ] : [CO2] ' 86.5% : 13% : 0.5%)(Zeebe and Wolf-Gladrow, 2005). The variations
within the CO2 system are usually described by four diﬀerent parameters, fugacity of
carbon dioxide (fCO2), pH, total alkalinity (TA), and total dissolved inorganic carbon
(DIC). By knowing two of these, the other two can be calculated.
Parameters describing the carbonate system
The amount of carbon dioxide in seawater is usually expressed as fugacity (fCO2) or
partial pressure (pCO2) of carbon dioxide in a gas phase that is in equilibrium with the
seawater. The fugacity considers also the non-ideal behavior of CO2 in air and, therefore,
is the more accurate parameter. It can be determined from the equation of state.
ln
(
fCO2
p
)
= ln (xCO2)−× 1
RT
∫ p
0
[
RT
p
− Vm(p)
]
dp (2.4)
where p is the pressure, xCO2 the mole fraction, Vm the molar volume of carbon dioxide,
R the gas constant and T the absolute temperature. A good approximation for real
gases is given by an empirical power series expansion, the virial equation (Eq. 2.5).
pVm
RT
=
B(x, T )
Vm
+
C(x, T )
V 2m
+ ... (2.5)
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where B and C are called virial coeﬃcients and both are functions of temperature.
Neglecting higher order terms leads to a simple expression for the fugacity of pure CO2
by inserting Eq. 2.5 in Eq. 2.4:
fCO2 = xCO2 × p exp
(
BCO2
Vm
)
(2.6)
The second virial coeﬃcient BCO2 considers the interactions between two molecules of
the same type. When investigating a gas mixture, the cross-virial coeﬃcient δCO2 has to
be taken into account, which considers the interactions between molecules of diﬀerent
type (Guggenheim, 1950).
The pH is the negative common logarithm of the H+-ion concentration and, therefore,
represents the thermodynamic state of all acid-base-systems in the seawater. In the
marine environment it is reported in three diﬀerent scales (total scale, seawater scale,
and free scale). They depend on diﬀerent consideration of protonated species of sulphate
and ﬂuoride ions and can be converted among each other.
The alkalinity is related to the charge balance of seawater. It is deﬁned as the number
of moles of hydrogen ion equivalent to the excess of proton acceptors over proton donors
in one kilogram of sample.(Dickson, 1992; Wolf-Gladrow et al., 2007)
TA =
[
HCO−3
]
+ 2
[
CO2−3
]
+
[
B (OH)−4
]
+
[
OH−
]
+
[
HPO2−4
]
+ 2
[
PO3−4
]
+
[
H3SiO4
−] + [NH3] + [HS−]
− [H+]
F
− [HSO−4 ] − [HF] − [H3PO4]
(2.7)
with [H+]F referring to the free pH-scale.
The dissolved inorganic carbon represents the mass balance of the carbon system as
it is the sum of the concentrations of all dissolved inorganic carbon species.
[DIC] = [CO2] +
[
HCO−3
]
+
[
CO2−3
]
(2.8)
Processes driving the carbonate system
Processes inﬂuencing the oceanic carbonate system such as air-sea gas exchange of
CO2, primary production or calciﬁcation inﬂuence these four carbon parameter in a
diﬀerent way. Figure 2.2 shows these diﬀerent inﬂuences as a function of DIC and TA.
At diﬀerent depths in the ocean diﬀerent processes are important. At the surface CO2
can enter the ocean from the atmosphere, resulting in increasing the DIC concentration
and decreasing the pH. The outgassing of CO2 into the atmosphere has opposite eﬀects.
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Figure 2.2: Eﬀects of diﬀerent processes (air-sea gas exchange, photosynthesis, respira-
tion, dissolution and formation of CaCO3) on the carbon system parameters
in the ocean. The solid and dashed contours indicate diﬀerent levels of CO2
concentrations and pH as a function of DIC and TA, respectively. The ar-
rows show the respective inﬂuence of each process on DIC, TA, pCO2 and
pH (Zeebe and Wolf-Gladrow, 2005).
The production of biomass leads to a decrease in DIC concentration and a small increase
of TA due to the consumption of other nutrients such as nitrate and a concurrent uptake
of H+.
The air-sea gas exchange is driven by the fugacity diﬀerence of CO2 between the at-
mosphere (fCO2,ATM) and the ocean (fCO2, SEA). The atmospheric fCO2 undergoes
only relatively small changes throughout the year since it is well mixed. In contrast
to that, the oceanic fCO2 can show a higher variability caused by the contribution of
various physical, biological and chemical processes such as temperature changes, verti-
cal and horizontal mixing, air-sea gas exchange or primary production. However, the
actual exchange ﬂux between ocean and atmosphere is limited by the turbulence at the
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interface. The ﬂux between atmosphere and ocean is expressed as
FCO2 = k ×K0 × (fCO2,ATM − fCO2, SEA) (2.9)
where K0 is the solubility of CO2 in seawater (Weiss, 1974) and k the gas transfer
velocity. The gas transfer velocity is commonly related to wind speed (Wanninkhof,
1992; Wanninkhof et al., 2009; Nightingale et al., 2000) but is also be eﬀected by waves,
bubbles or surfactants which can lead to deviations from the wind speed relationship
especially under intense bloom conditions with a high surfactant concentration.
The exchange of CO2 between the surface ocean and deeper water masses is driven
by diﬀerent biologically or physically driven pumps. The 'solubility pump', or 'phys-
ical pump' transports the CO2 by subduction of water masses and convective mixing.
Biological processes are divided due to their diﬀerent inﬂuences on the carbon system
(see Figure 2.2) into the 'soft tissue pump' and the 'hard tissue pump'. The 'soft tissue
pump' (also 'organic carbon pump') represents the production of particulate organic
carbon in the productive area which partly sinks to deeper water masses where it is
remineralized and released in the form of CO2. This process removes ﬁxed carbon from
the air-sea interface and therefore reduces the CO2 concentration at the surface. The
'hard tissue pump' is based on the formation of particulate inorganic carbon, mainly
calcium carbonate, which then sinks into the deep ocean, where it can be either buried
or dissolved. In contrast to the soft tissue pump the biological production of calcium
carbonate leads to an increase of CO2 concentrations in the productive zone.
Ca2+ + 2 HCO−3 ⇀↽CaCO3 + CO2 + H2O (2.10)
2.3 Stable isotopes of carbon and nitrogen
The diﬀerent abundances of stable isotopes in chemical substances give us the possibil-
ity to distinguish between diﬀerent biological and physical processes such as biological
uptake, remineralization, air-sea gas exchange or fossil fuel burning.
The isotope composition of a material concerning a given element is usually described
as the molar ratio of the heavier to the lighter isotope, νR, with νh being the mass
number of the heavier isotope and νl the mass number of the lighter isotope. For the
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two stable carbon isotopes this yields:
νhR =
νhC
νlC
=
13C
12C
(2.11)
The common expression to report isotopic abundances in environmental science is the
δ notation. For this, the isotopic ratio of the sample substance is expressed as per mil
deviation from that of a reference material.
δ ν =
(
νRsample
νRreference
− 1
)
× 103 (2.12)
For carbon, this reference material is Pee-Dee-Belemnite (PDB) with a molar ratio
of 13RPDB = 0.0112372(±3) (Craig, 1957). This reference substance stems originally
from a limestone from a marine fossil, Belemnitella americana, sampled at the Pee Dee
formation in South Carolina, USA. However, caused by the limited availability of this
today artiﬁcial standard materials such as Vienna Pee-Dee-Belimnite (V-PDB) are used.
For nitrogen, atmospheric nitrogen is used as reference material.
Most chemical reactions or phase transitions alter the isotopic ratio of a substance
which is called fractionation. The fractionation between two chemical or physical states
A and B can the expressed by the fractionation factor να(A−B).
να(A−B) =
νRA
νRB
(2.13)
Since changes in biological isotope distribution are usually very small, the fractionation
factor can also be expressed in h according to the δ notation.
ν(A−B) =
(
νRA
νRB
− 1
)
× 103 (2.14)
Providing that α is close to unity,  can be approximated by the diﬀerence of the δ13C
values of the two species:
(A−B) =
δνA − δνB
1 + δνB × 10−3
≈ δνA − δνB (2.15)
Fractionation Processes
With most changes in the chemical or physical state of a substance comes an isotopic
fractionation. This is caused by the diﬀerent mass of both isotopomers which induces
small diﬀerences in their chemical and physical behavior. The fractionation processes can
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be divided into chemical and physical kinetic fractionation which occur during incom-
plete transformations of transport processes and equilibrium fractionation at a chemical
or physical equilibrium.
The fractionation in a thermodynamically equilibrated system, e.g. the reactions of the
inorganic carbon species in the ocean or, more or less, the air-sea gas exchange, is called
equilibrium fractionation. This fractionation is a consequence of diﬀerent zero-point
energies of both isotopomers at each side of the equilibrium. The diﬀerence between
the zero-point energies of the two isotopomers is increasing with increasing zero-point
energies, or, in other words, is larger the stronger this element is bound in the molecule.
This leads for example to an enrichment of 13C in bicarbonate and carbonate relative to
carbon dioxide.
During incomplete reactions or transport processes kinetic fractionation can occur.
The chemical kinetic fractionation arises from the mass dependence of reaction rates. It
occurs only during incomplete reactions or when the product of the reaction is removed
from the system. Basically all isotope eﬀects during biological uptake and remineraliza-
tion are kinetic. The reaction of the lighter isotopomer is usually slightly faster which
comes from a smaller diﬀerence of the zero-point energies of the reactant and the tran-
sition state. The magnitude of the fractionation is determined by the ratio of the rate
constants of the two isotopomers.
Physical kinetic fractionation occurs for example during diﬀusion processes or phase
transitions. During diﬀusion the fractionation occurs because of the mass dependence
of a molecules mobility. For two isotopomers having the same kinetic energy, the lighter
molecule moves faster and, thus, has a higher diﬀusion coeﬃcient. The fractionation is
then given by the ratio of both diﬀusion coeﬃcients.
The eﬀect of kinetic fractionation while material is removed from the system is called
Rayleigh process. This fractionation occurs, for example, during the assimilation of
nutrients during phytoplankton growth. During a kinetic fractionation process the re-
maining reactant gets continuously enriched in the heavier isotopomer. With a constant
fractionation factor this leads to a constant increase of the instantaneous isotope ratio
in the product. When the reaction is complete no net fractionation between the reac-
tant and the accumulated product remains. The isotope ratio of the residual reactant
(νRres) can be calculated using the fractionation factor α, the fraction f of the remaining
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Figure 2.3: Rayleigh fractionation process during primary production from nitrate (left
hand) and DIC (right hand). The change in the abundance of 15N (δ15N) is
shown for nitrate, the accumulated biomass and the instantaneous produced
biomass with a fractionation between nitrate and biomass of ( = −5h).
When the nitrate is consumed completely (f=0), the accumulated biomass
has the same isotopic signature as the initial nitrate. The same is also
shown for the change in 13C of DIC and biomass, respectively (δ13C). For the
fractionation between DIC and organic matter a constant value of  = −24h
was used.
reactant and the isotope ratio (νR0) at t = 0:
νRres = f
(α−1) ×ν R0 (2.16)
From this, the instantaneous isotope ratio of the product νRinst follows as:
νRinst = α× f (α−1) ×ν R0 (2.17)
Finally, the isotope ratio of the accumulated product νRacc can be calculated as:
νRacc =
fα − 1
f − 1 ×
ν R0 (2.18)
For the consumption of nitrate and DIC by phytoplankton the development of the dif-
ferent isotope ratios of 15N and 13C is shown in Figure 2.3. For nitrogen isotopes in the
ocean this process is very important because the reservoir of inorganic nitrogen can be
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completely consumed during bloom events. A suﬃcient change in the DIC pool to alter
the isotopic composition in a signiﬁcant way only occurs during very intense blooms.
Natural abundance and fractionation in the marine carbon system
The abundance of stable isotopes in the environment can vary a lot along the diﬀerent
components and processes. The stable carbon isotope ratio in materials that are impor-
tant for the marine carbon cycle are shown in Figure 2.4. In preindustrial times, the
atmosphere had a stable carbon isotope ratio of about −6.3h (Tagliabue and Bopp,
2008). The combustion of fossil fuels since the beginning of the industrial revolution,
which reveal the relative low δ13C value of their biological origin (about −23h), leads to
a continuous lightening of the atmospheric carbon along the increase of carbon dioxide
in the atmosphere to values below −8h today (Keeling et al., 1995). This decrease was
ﬁrst recorded by H. Suess and is called 13C Suess eﬀect (Keeling, 1979). Caused by the
equilibration processes between atmosphere and ocean, the lightening of atmospheric
carbon can also be observed in the marine inorganic carbon, here known as oceanic
Suess eﬀect. The DIC is changing by about (−0.24 ± 0.02)h per decade (Quay et al.,
2003; Körtzinger et al., 2003). The typical δ13C of DIC in the ocean lies between 0h
and 2h (Quay et al., 2003). However, during intense bloom events these values can be
clearly exceeded. This increase is a result of the fractionation that is occurring during
biological carbon ﬁxation. The isotopic composition of organic carbon in plants varies
between −32h and −22h depending on the exact mechanism of carbon ﬁxation and
other eﬀects such as the temperature dependence of fractionation. Marine carbonates
such as the CaCO3 shells of coccolithophores show an isotopic signature close to that of
DIC.
The fractionation within the marine carbonate system can be described by equilib-
rium fractionation. Since an equilibrium reaction can be divided into reactions of 13C
and 12C and the fractionation factor can be described using the equilibrium constants,
this fractionation factor is temperature and salinity dependent. Moreover, some metal
ions who are capable of building carbonate complexes in seawater, such as Mg2+, can
inﬂuence the fractionation factors in natural seawater compared to those determined in
artiﬁcial seawater. Unfortunately, there are only a few studies available that focus on the
fractionation between DIC and the diﬀerent carbon species in seawater. Besides tem-
perature and salinity, the overall fractionation between DIC and gaseous CO2 depends
also on the relative abundance of the diﬀerent species inside the carbon system and,
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Figure 2.4: Isotopic composition of carbon and nitrogen in selected materials (redrawn
after Zeebe and Wolf-Gladrow (2005); Ohkouchi et al. (2015); Sigman et al.
(2009)).
thus, on the pH. The fractionation factors used in this work (Zhang et al., 1995) and
the temperature dependence of the fractionation between the various inorganic carbon
species are shown in Table 2.1 and Figure 2.5.
The autotrophic ﬁxation of inorganic carbon is a non-equilibrium process causing
kinetic fractionation. Besides the temperature and salinity dependence, this reaction
is also dependent on the pathway over which the marine phytoplankton produces its
organic matter. This 2-step process can vary with the availability of carbon dioxide
and nutrients and the growth rate. Usually, the carbon dioxide diﬀuses through the
cell membrane into the cell, where it reacts with the enzyme RubisCO as the ﬁrst
step in the formation of organic matter. The ﬁrst, diﬀusive process is a reversible
equilibrium process, whereas the enzymatic reaction is irreversible. The decreasing CO2
concentrations in the surrounding water or a high growth rate of the cell can limit the
availability of carbon dioxide inside the cell and, therefore, turn the transport into the
cell to being the rate determining step. In this case, the cell can activate an active
transport mechanism of bicarbonate ions into the cell. The use of bicarbonate instead of
carbon dioxide leads to an increased abundance of the heavier isotope in the produced
organic matter caused by the higher isotope ratio of bicarbonate compared with dissolved
carbon dioxide. At which level a cell activates this active transport and to which portion
bicarbonate is used, is, of course, also dependent on the species. It is shown, that the
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Figure 2.5: Temperature dependence of the carbon isotope fractionation between the
species of the carbonate system and total dissolved inorganic carbon (DIC)
(at pH=8.15) (redrawn after Zhang et al. (1995)).
fractionation of the overall carbon ﬁxation p correlates negatively with the growth rate,
which itself is controlled by external parameters such as nutrient supply, temperature
and light intensity (Takahashi et al., 1993). The more the mass transport process is
the limiting process and the carboxylation happens quantitatively, the less negative the
produced organic matter will be because the diﬀusion process induces a relatively small
fractionation. The complete remineralization of organic matter is a quantitative process,
leading to a release of inorganic carbon with the same isotopic signature as the organic
matter.
Natural abundance and fractionation in the marine nitrogen system
Since inorganic nitrogen exists in more chemical forms in the ocean than inorganic car-
bon, the fractionation processes of these species among each other as well as with organic
matter are more complicated. Unfortunately, the database for estimating these inﬂu-
ences is rudimentary. Here, I will concentrate on processes that are relevant for the
North Atlantic surface ocean. The abundances are shown in Figure 2.4. The dissolved
N2 is slightly enriched in 15N compared to gaseous nitrogen (Ohkouchi et al., 2015).
When organic matter is produced from this nitrogen reservoir by N2-ﬁxation the pro-
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Table 2.1: Fractionation factors within the carbon system and their temperature depen-
dence (in ◦C).
Process  / h
CO2 invasion (as) −0.013× TC − 2.30
(Zhang et al., 1995)
CO2 - CO2(g) +0.0049× TC − 1.31
(Zhang et al., 1995)
HCO−3 - CO2(g) −0.1141× TC + 10.78
(Zhang et al., 1995)
CO2−3 - CO2(g) −0.0052× TC + 7.22
(Zhang et al., 1995)
DIC - CO2(g) −0.107× TC + 10.53 + 0.014× TC × f(CO2−3 )
(Zhang et al., 1995)
Diﬀusion 0.7 - 0.9
(O'Leary, 1984; Jähne et al., 1987)
Carboxylation 18 - 30
(Chikaraishi, 2014)
duced organic nitrogen has an isotope signature of −2 to 0h (Hoering and Ford, 1960;
Minagawa and Wada, 1986). Nitrate has an average isotope ratio of 5h and is usu-
ally enriched in the photic zone due to primary production (Sigman et al., 2009). The
fractionation during the nitrate assimilation of phytoplankton is about 5h. Since the
nitrogen can be fully depleted during the spring bloom, the Rayleigh process has a large
inﬂuence on the isotopic composition of nitrate and the produced organic nitrogen (see
Figure 2.3). Also for nitrate, the growth rate can have a large inﬂuence on the isotopic
fractionation associated with nitrate assimilation (Wada and Hattori, 1978).
2.4 Cavity Ringdown Spectroscopy
Cavity Ringdown Spectroscopy is a technique for highly accurate concentration mea-
surements in the gas phase. The increased accuracy with respect to simple absorption
techniques is based on two main factors. Using a stable optical cavity with two or more
highly reﬂective mirrors (R > 99.99 %) leads to long path-lengths of light up to sev-
eral kilometers which results in an increased sensitivity of the absorption measurement.
Moreover, unlike most other absorption-based methods, this technique determines the
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Figure 2.6: Basic setup of a CRDS experiment ("Picarro Inc.").
concentration of the target gas in the cavity by measuring the time constant of the loss
of light intensity within the cavity. In the most simple setup for a CRDS experiment, a
pulsed laser is coupled into a resonant optical cavity and for each laser pulse the decay
time of the light intensity inside the cavity is determined by detecting the small inten-
sity fraction leaking through the mirrors with a photodetector. This 1/e decay time τ
is given by:
τ (ν) =
tr
2 (1− R) + 2α (ν) L (2.19)
with tr being the roundtrip time of the light within the cavity, α (ν) the absorption
coeﬃcient for frequency ν, and L the cavity length. The dominant factor for the decay
time of an empty cavity τ0 is the reﬂectivity of the mirrors. In the presence of an absorber
inside the cavity, the observed decay time of the intensity decreases. By knowing the
absorption coeﬃcient at the concrete wavelength, the concentration of the absorber can
be determined from the diﬀerence between this decay time τ and τ0.
c =
1
α (ν)
(
1
τ
− 1
τ0
)
(2.20)
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Continuous wave CRDS (cw -CRDS) using a diode laser, however, requires a more
complex setup (see Figure 2.6). Here, the laser beam intensity is built up in the cavity
only when the laser wavelength matches the resonance frequency of a cavity mode.
Mostly, this is achieved by moving one of the mirrors with a piezoelectric transducer
(PZT). Once the laser is switched oﬀ the ringdown can be detected.
3 Experimental
3.1 Precise measurements of xCO2 and δ
13C(CO2)
using CRDS
The CRDS measurements were performed using a commercial analyzer (G2131 i, Picarro,
USA). In this instrument a tunable cw -diode laser with a narrow bandwidth and an
emission maximum around 1600 nm is used to determine 12CO2, 13CO2, H2O and CH4
in air. The absorption spectrum of 12CO2 and 13CO2 which was scanned with a scan
increment of 0.02 cm−1 is shown in Figure 3.1. The sample gas was pumped through a
3-mirror cavity by an external pump with a ﬂow rate of about 20mL min−1. Inside the
cavity, the pressure was held constant at (140.00± 0.07) torr, ((186.60± 0.09)mbar), by
controlling the gas ﬂow via the inlet valve, and the temperature was locked at (45.00±
0.02) ◦C. The precisions of cavity pressure and temperature were the determined in
the laboratory. At sea, the instrument's performance was slightly reduced, most likely
due to small pressure instabilities, which were induced by the vessels vibration. The
analyzer used peak heights, ﬁtted with a Galatry line proﬁle, instead of peak integrals
to determine the sample's concentrations. This leads to a strong dependence of the
measured concentration on the cavity pressure and the sample gas composition since
both eﬀect the pressure broadening of absorption lines. The analyzer was calibrated for
measuring atmospheric gas and, therefore, the oxygen content was the only compound
changing the gas composition. Its concentration was determined using the Galatry
broadening parameter y from the analyzers ﬁt routine and the isotope ratio was corrected
by an O2-calibration curve as described in Friedrichs et al. (2010) and Becker et al.
(2012). The δ13C(CO2) was calculated from x12CO2 and x13CO2 which were corrected
for inﬂuences of H2O and CH4 by internal calculation routines. An 'Allan deviation
analysis' was performed for determining the precision of the analyzer and the optimal
averaging time for maximal improvement of the signal to noise ratio. The Allan variance
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Figure 3.1: The measured absorption spectrum of 12CO2 (6251.76 cm−1) and 13CO2
(6250.42 cm−1) (van Pelt, 2008).
σAllan is deﬁned as the average variance of two adjacent averages of a time series. In
an optimal system with only statistical noise, longer averaging time would always lead
to a higher precision. In reality, however, long term drifts of the instrument lead to an
increase in the Allan variance. The minimum of the Allan plot (σAllan vs. averaging time
τ) indicates the optimal averaging time. The result of this analysis for the δ13C(CO2) is
shown in Figure 3.2. The optimal averaging time is found to be τ = 150min yielding a
precision of 0.09h, determined at xCO2 = 348.06 ppmv. At higher xCO2, the precision
of the δ13C(CO2) measurements is improved due to a better signal-to-noise ratio.
Despite the precise temperature locking inside the cavity, the analyzer showed a strong
dependence on room temperature in its measured isotope ratio as well as small inﬂu-
ences on the measured CO2 partial pressure. This temperature dependence is assumed
to be caused by a temperature dependence of the mirror reﬂectivity. This eﬀect and the
dependence of the measured isotope ratio on absolute xCO2 are taken care of by reg-
ular measurements of two diﬀerent standard gases. The measurements were corrected
towards these standard measurements by linear regression in time and xCO2. As an
example, the development of the standard gas measurements (at xCO2 = 348.06ppmv,
δ13C(CO2) = −3.28h) during the westbound crossing COM14-04 is shown in Fig-
ure 3.3. The colder room temperatures caused by colder seawater temperatures in the
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Figure 3.2: The Allan deviation of calibration gas measurements of δ13C(CO2) at xCO2
= 348.06 ppmv.
last days of the crossing lead to higher isotope ratios and smaller xCO2 which are cor-
rected by linear regression between two standard measurements.
3.2 Underway measurements and data reduction of
fCO2 and δ
13C(CO2)
The data used in this study were recorded on the 'Voluntary Observing ship' (VOS)
M/V Atlantic Companion (Atlantic Container Lines (ACL), New Jersey, USA), which
was operating on a transatlantic route between Liverpool, UK and Halifax, Canada. The
measurements used in this study were performed between January 2012 and December
2014. The extensive sampling program comprised continuous underway measurements of
fCO2 and δ13C(CO2) in seawater and air and discrete samples of DIC, TA, Chl a, POM,
DOM, nitrate, phosphate, silicate, nitrite, δ13C(POC) and δ15N(PON). The tracks of the
crossings and the sampling locations are shown in Figure 3.4. Whether the vessel passed
Ireland on a northern or southern route was dependent on the location of the major
low pressure systems, which the vessel tried to avoid, and had no seasonal pattern. In
contrast to that, there was a small seasonal variation in the vessel tracks at the western
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Figure 3.3: Development of standard gas measurements of xCO2 (upper plot) and
δ13C(CO2) (lower plot) during the westbound crossing COM14-04 at a xCO2
of 348.06 ppmv. For comparison, the measured SST is also shown.
side of the basin (west of 50◦). Caused by the more southward extent of the ice border
oﬀ the coast of Newfoundland in late spring and early summer, the vessel sailed more
south at this time of the year, especially during 2014.
The underway unit was located in the engine room of the vessel. A schematic setup is
presented in Figure 3.5. An autonomous pCO2 measuring system as described in Lüger
et al. (2004) and Steinhoﬀ et al. (2010) was connected to a sea chest on port side, that was
located about 250m astern of the forecastle. On average, its water inlet was located at a
depth of 9.6m during eastbound and 10.6m during westbound crossings as given by the
vessel's draft. Directly after the water inlet the sea water temperature was measured by
an external temperature sensor (SBE38, accuracy of ≈ 0.01 ◦C). To prevent biofouling
and oxygen consumption inside the pipes, the water passed a copper electrode before it
was pumped to the measuring system by a torque-ﬂow pump. Prior to entering the pCO2
measuring system, the salinity was measured by a Seabird thermosalinograph SBE21
(accuracy: SSS: ≈ 0.1 psu, equilibrator temperature ≈ 0.01 ◦C). The pipe length from
the sea chest to the pCO2 measuring system was about 4m and the water ﬂow rate was
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Figure 3.4: Vessel tracks of M/V Atlantic Companion and the sampling positions of
underway measurements (upper panel) and discrete samples (lower panel).
The location of the four boxes used in the further analysis is also illus-
trated. The three diﬀerent years are denoted with diﬀerent colors (2012:
light blue/circles, 2013: mid blue/triangles, 2014: dark blue/crosses).
controlled to be at 2-3 L min−1. In the pCO2 measuring system, a NDIR CO2 analyzer
(Licor 7000) was used. Downstream of the Licor, the CRDS was installed as a bypass.
The gas outlet of the CRDS was redirected to the main gas ﬂow. The CRDS pump was
sealed so that its leakage was small enough to not inﬂuence the equilibration (Becker
et al., 2012). The response time of the equilibrator to rapid changes in fCO2 was about
2min (Pierrot et al., 2009). The CRD analyzer was calibrated every 8 - 10 h using two
standard gases with diﬀerent CO2 concentrations. Atmospheric air was also measured
every 8 - 10 h. During crossings without CRDS measurements, the NDIR analyzer was
calibrated every 3 h with four diﬀerent standard gases as recommended by Pierrot et al.
(2009). For some crossings, the SST was estimated from equilibrator temperature and
water ﬂow rate. Since the measured fCO2 is very sensitive to temperature changes for
these crossings only δ13C(CO2) was taken for further analysis.
The data reduction of the fCO2 data was performed according to the DOE guidelines
(Dickson et al., 2007) and fCO2 was corrected for the temperature diﬀerence between
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Figure 3.5: A schematic setup of the fCO2 measuring system on board M/V Atlantic
Companion and its location in the vessel.
equilibrator and sea water. The TA was estimated using a salinity-alkalinity-day of year
correlation based on the TA-samples that were taken on crossings with discrete sampling
program.
TAcalc = 738 + 43× SSS + 0.057× SSS2 + 0.1205× t− 3.46× 10−4 × t2 (3.1)
with TAcalc being the calculated alkalinity, SSS the sea surface salinity and t the day
of year. The mean deviation of measured TAsam and TAcalc is 0.17µmol kg
−1 with a
standard deviation of σ = 12µmol kg−1. Figure 3.6 shows the deviation as a function of
salinity and the day of year. Using this estimated alkalinity and the measured seawa-
ter fCO2 values, the speciation within the carbonate system and the DIC concentration
were calculated for each crossing with the inorganic carbon model CO2SYS (van Heuven
et al., 2009) (CO2 dissociation constants from Mehrbach et al. (1973), KSO
−
4 dissociation
constants from Dickson and Millero (1987)). The small contributions of phosphate and
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Figure 3.6: Deviation of sample alkalinity and alkalinity calculated from Equation 3.1 as
a function of salinity and day of the year.
silicate to the alkalinity were neglected in this calculation because no underway mea-
surements of these parameters were performed. Using maximum winter concentrations
of phosphate (0.8µmol kg−1) and silicate (6µmol kg−1) the resulting maximum bias in
TAcalc can be estimated to 0.93µmol kg−1. By comparing the calculated DIC (DICcalc)
with measured DIC a good agreement of (3 ± 7)µmol kg−1 was found. For the salin-
ity normalized DIC (nDIC) a alkalinity-salinity ﬁt was used to determine the intercept.
The salinity normalization was done using the Equation 3.2 to the mean salinity of each
band, SSSmean (Friis et al., 2003). If the normalization was done towards a salinity of
SSSmean = 35psu, the resulting DIC is denoted as nDIC35.
nDIC =
(DIC− 683)× SSSmean
SSS
+ 683 (3.2)
The CRDS isotope ratio measurements were calibrated and corrected for varying oxy-
gen content with an instrument-speciﬁc equation. The δ13C(CO2) was then corrected to
sea surface temperature by using the temperature dependent fractionation to DIC after
Zhang et al. (1995):
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δ13C (CO2)SST =δ
13C (CO2)EQU − 0.107 (TEQU − TSST)
+
(
TEQUf
(
CO2−3
)
EQU
− TSSTf
(
CO2−3
)
SST
)
(3.3)
with TEQU and TSST as the equilibrator and sea surface temperature and f
(
CO2−3
)
EQU
and f
(
CO2−3
)
SST
the fraction of carbonate ions, calculated at the respective tempera-
tures. The isotope ratio of DIC was calculated from the δ13C(CO2)EQU after Zhang
et al. (1995) (please see Table 2.1). At the end, a moving average ﬁlter with a length
of about 15min was applied to the isotope ratio data in order to reduce the statisti-
cal noise. The chosen average time of 15min is a compromise between improving the
instrument precision by applying longer averaging times and still capturing observed
gradients and natural variations that happen on a timescale shorter than the optimal
averaging time of 150min. The optimal averaging time for ﬁeld data was determined
by comparing diﬀerent averaging times during measurements of an intense bloom event.
The chosen averaging time did improve the data precision but did not mask features
that were resolved with shorter averaging times and also observed in the fCO2 data.
The accuracy of the fCO2 measurements is estimated to be 2µatm for sea water. This
sums up uncertainties stemming from the gas analyzer, the equilibration as well as the
pressure and the temperature diﬀerence between equilibrator and surface water. For the
δ13C(CO2) measurements the accuracy is in the order of 0.15h while the conversion
δ13C(DIC) introduces an additional uncertainty of about 0.15h.
3.3 Sample analysis
Discrete samples were taken during the crossings between 10 ◦W and 55 ◦W from the
water supply line. The handling of the diﬀerent samples is described below in more
detail. The sampling locations are shown in Figure 3.4. The samples were taken every
3− 7 h. Assuming an average vessel speed of 18 kn this relates to a spatial resolution of
54− 126 sm between two samples.
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3.3.1 DIC and TA
These samples were taken following the DOE guidelines (Dickson et al., 2007). A 500mL
sample was poisoned with 100µL saturated mercury chloride solution and then stored
dark until analysis in the laboratory in Kiel. Samples were analyzed using a SOMMA
system for DIC (Johnson et al., 1993, 1998) and a VINDTA system for TA (Mintrop
et al., 2000). The accuracy was estimated based on repeated duplicate samples to
∆DIC = 2.9µmol kg−1 and ∆TA = 5.1µmol kg−1, respectively.
3.3.2 Nutrients
For the nutrient samples, 10mL of seawater were ﬁlled into plastic bottles that were
immediately frozen at −18 ◦C. These samples were analyzed following the method of
Hansen and Koroleﬀ (1999) in Kiel. Based on repeated duplicate samples the accuracy
was determined to be: nitrate ±14%, phosphate ±5.5%, silicate ±6.0%, nitrite ±11%
(in the range of 0− 10µmolL−1).
3.3.3 Chl a, POM, δ13C(POC) and δ15N(PON)
The samples for Chl a, POM (including POC and PON) and stable isotope ratios of
POM (δ13C(POC) and δ15N(PON)) were taken in clean polyethylene bottles, ﬁltrated
using precombusted GF/F ﬁlter (Whatman, 25mm in diameter, pore size 0.45µm) and
then stored at −18 ◦C. Depending on the ﬁltration time of the previous sample and,
thus, the amount of particulate matter in the water, the ﬁltered volume was varying
between 0.5 L and 2L. The Chl a ﬁlters were ground in a cell mill, dissolved in acetone
and measured in a Turner ﬂuorometer against a blank with an estimated accuracy of 3%.
The POM ﬁlters were acidiﬁed over night with fuming hydrochloric acid to remove the
particulate inorganic carbon, dried and measured in a CN analyzer (EuroEA, HEKAtech
GmbH). The stable isotope samples were measured in an isotope ratio mass spectrometer
described in Hansen et al. (2009). The instruments precision is reported to be ±0.47h
for 15N and ±0.12h for 13C.
3.3.4 TOC and DOC
For measurements of total organic carbon concentration (TOC), 10mL of seawater were
sampled into precombusted glass bottles and was directly frozen −18 ◦C. In the lab-
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oratory, the TOC concentration was measured with a TOC-VCSN instrument (Shi-
madzu, Japan) and the DOC concentration was calculated as the diﬀerence between
TOC and POC. The accuracy was estimated based on repeated duplicate samples to
∆TOC = 13µmol kg−1
3.3.5 Seasonal cycles
For studying the seasonal variations of all measured parameter, the study area was
divided into three boxes of equal longitude, box 1025 (10 ◦W-25 ◦W), box 2540 (25 ◦W-
40 ◦W) and box 4055 (40 ◦W-55 ◦W). The western box was then further divided into
two boxes according to its sea surface salinity and temperature, one representing polar
water from the Labrador Current and the other subtropical water from the Gulf Stream.
Please note, that the box 4055 - pol shows strong subtropical characteristics, despite its
SSS/SST signature of the Labrador Current. The location of these four boxes (1025,
2540, 4055 - pol, 4055 - sub) can be found in Figure 3.4. For the continuous measure-
ments, the box mean of each crossing was calculated. For each parameter a harmonic
function was applied according to Zeng et al. (2002),
χ = c0 + c1sin
(
2pit
365
)
+ c2cos
(
2pit
365
)
+ c3sin
(
4pit
365
)
+ c4cos
(
4pit
365
)
(3.4)
χ = c0 + c1sin
(
2pit
365
)
+ c2cos
(
2pit
365
)
+ c3sin
(
4pit
365
)
+ c4cos
(
6pit
365
)
(3.5)
where t is the day of year. Most parameters were ﬁtted using equation 3.4. Equation
3.5 was used for ﬁtting surface ocean fCO2 and its disequilibrium with the atmosphere
(∆fCO2) in the polar and subtropical box (4055 - sub and 4055 - pol) as well as nitrite. In
order to describe the nutrient dynamics (nitrate, phosphate and silicate) during summer,
when nutrient concentrations were on a constant level close to zero, this season was
excluded from the ﬁt and negative ﬁt values were set to zero (nitrate, nitrite) or the
mean summer value (phosphate, silicate). The ﬁt of the MLD was also set to a constant
value of 20m during summer. Since the sea water intake was located at a depth of 9.6
- 10.6m, we assume that the surface ocean is mixed due to the vessels movement to a
depth of up to 20m and shallower mixed layers could not be sampled.
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3.4 Model description
A box model was set up to calculate the ﬂuxes of diﬀerent processes that drive the
surface ocean carbon cycle of the North Atlantic. The structure of this box model is
shown in Figure 3.7. As input the harmonic ﬁts described in the previous Section were
used.
The atmospheric fCO2 (fCO2,ATM) and δ13C(CO2)ATM were calculated for the longi-
tudinal boxes 1025, 2540 and 4055 based on time series ﬂask measurements from atmo-
sphere monitoring stations at Mace Head/Ireland (53.33 ◦N, -9.90 ◦E), Bermuda/United
Kingdom (32.26 ◦N, -64.88 ◦E), Vestmannaeyjar/Iceland (63.40 ◦N, 20.29 ◦E) and the
Azores/Portugal (38.75 ◦N, -27.08 ◦E) between January 2012 and December 2014 ("Co-
operative Global Atmospheric Data Integration Project", 2015; White et al., 2015). Since
the atmospheric CO2 content shows a strong latitudinal dependence, this dependence
was used to calculate the atmospheric xCO2 over the ocean as a function of latitude and
date. For each point in a 0.5 ◦ latitude by 1096 days grid, xCO2,ATM and δ13C(CO2)ATM
were calculated by linear interpolation in space and time. For each box, all grid points
of the respective latitude were averaged for each day. At the end, the three years were
averaged to one mean seasonal cycle per box. The fCO2ATM was calculated from the
xCO2ATM using the ﬁtted SST, SSS and air pressure. The wind data was taken from the
Modern Era Retrospective-analysis for Research and Applications (MERRA) which uses
the Goddard Earth Observing System Data Assimilation System Version 5 (GEOS-5).
The spatial resolution of the 1 h mean wind speed data is 1/2 ◦ latitude and 2/3 ◦ lon-
gitude. The air pressure obtained from this reanalysis was in good agreement with our
measurements on board (not shown). Since the gas exchange is not linearly correlated
to the wind speed, the gas transfer velocity k600 was calculated according to Nightingale
et al. (2000) for the entire wind ﬁeld. The gas transfer velocity was then averaged into
one vector per each of the three longitudinal boxes (1025, 2540, 4055). At the end, a
daily mean for each box was calculated from the three years and a 6 day moving aver-
age was applied. The actual k at the respective temperatures was calculated using the
Schmidt number dependence after Wanninkhof (1992) and the solubility coeﬃcient K0
according to Weiss (1974). The seasonal variations of fCO2ATM and δ13C(CO2)ATM can
be found in the Supplement.
The mixed layer depth (MLD) from January 2012 until December 2014 was taken
from the Mercator Project (www.mercator-ocean.fr). The operational numerical system
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(PSY2G3R3-PGN), which is a combination of a model conﬁguration and a real time
assimilation system, provides daily mixed layer depth on a 1/4 ◦ by 1/4 ◦ grid. For
estimating the mixed layer depth, a temperature diﬀerence criterion of 0.2 ◦C was used.
The mixed layer depth was spatially averaged in the four boxes with respect to its
location. The three years were averaged to a mean seasonal cycle of mixed layer depth
for each box and then ﬁtted using Equation 3.4. Due to the depth of the water intake
and the water mixing that was induced by the movement of the vessel, MLD shallower
than 20m were set to 20m as we expect the upper part of the water column to be always
mixed to this depth.
For the concentration changes due to convective mixing an average end-of-summer-
proﬁle (data from July and August) was calculated based on quality-controlled data from
the datasets GLODAPv2 (Olsen et al., 2016) and NAC13v1 (Becker et al., 2016). For
DIC and nutrient concentrations only samples taken during the time period 1992-2012
were included. Unfortunately, there is no more recent data available in the data products.
The isotope data was sampled between 1982 and 2012. The DIC and δ13C(DIC) proﬁles
were corrected to the respective anthropogenic changes in the atmosphere since only
the upper 100 − 400m of the proﬁles were used which are in yearly contact with the
atmosphere. A mean of all proﬁles that fall into the respective boxes was calculated. For
δ13C(DIC) the data coverage in the polar box was too poor so that a mean proﬁle from
the southern end of the Labrador sea was used. A comparison of the DIC data from the
respective area with the DIC proﬁle in the polar box showed no major diﬀerences. All
used proﬁles are presented in the Supplement.
For estimating the uncertainty of the reported annual and seasonal ﬂuxes, a Monte
Carlo approach was used. Each harmonic ﬁt and also the average depth proﬁles were
assigned with their standard deviation. For the uncertainty of the rate of DIC and
nutrient change, the standard deviation was related to the amplitude of the ﬁt. For
the mean mixed layer depth, an uncertainty of 20% was assumed, conservatively. The
model was run several times and for each model run all variables were oﬀset by a term
randomly chosen from a normal distribution with the standard deviation of the respective
uncertainty. The reported ﬂux uncertainties represent the standard deviation of all these
model runs.
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Abstract.
The stable carbon isotope composition of dissolved inorganic carbon (δ13C-DIC) can be used to
quantify fluxes within the carbon system. For example, knowing the δ13C signature of the inorganic
carbon pool can help to describe the exchange between ocean and atmosphere as well as the amount
of anthropogenic carbon in the water column. The measurements can also be used for evaluating5
modeled carbon fluxes, for making basin wide estimates, studying seasonal and interannual vari-
ability or decadal trends in interior ocean biogeochemistry. For all these purposes, it is not only
important to have a sufficient amount of data, but these data must also be internally consistent and
of high quality.
In this study, we present a δ13C-DIC dataset for the North Atlantic, which has undergone sec-10
ondary quality control. The data originate from oceanographic research cruises between 1981 and
2012. During a primary quality control step based on simple range tests obviously bad data were
flagged. In a second quality control step, biases between measurements from different cruises were
quantified through a crossover analysis using nearby data of the respective cruises and absolute val-
ues of biased cruises were adjusted in the data product. the crossover analysis was possible for 22 of15
the 29 cruises in our dataset and adjustments were applied to 10 of these. The internal accuracy of
this dataset is 0.017‰.
The dataset is available via CDIAC at http://cdiac.ornl.gov/oceans/ndp_096/NAC13v1.html,
doi:10.3334/CDIAC/OTG.NAC13v1.
1 Introduction20
Stable carbon isotope ratios are utilized as a tracer in several applications in marine carbon research.
Particularly the stable carbon isotope ratio of dissolved inorganic carbon (δ13C-DIC) can be used
to enhance the understanding of carbon related processes ranging widely from the estimation of
1
glacial circulation changes (Curry and Oppo, 2005) to testing the performance of ecosystem models
(Schmittner et al., 2013). By observing the temporal development of the lightening of the inorganic25
carbon pool due to the uptake of CO2 originating from the burning of 13C-depleted fossil fuel carbon,
a phenomenon also known as oceanic 13C Suess effect, an estimation of the anthropogenic carbon
fraction of DIC is possible (Gruber et al., 2002; Körtzinger et al., 2003; Olsen et al., 2006, 2010;
Quay et al., 2007; Racapé et al., 2013). Furthermore, δ13C can provide information concerning the
quantification of biological processes such as net community production (Quay et al., 2009). Using30
the stable carbon isotope signature facilitates the distinction between anthropogenic, biological and
physical drivers of the carbon system.
A sample’s stable carbon isotope ratio, δ13C-DIC, is expressed as per mil deviation from that of
the commonly used standard material Vienna Pee-Dee Belemnite (V-PDB)(Coplen, 1995).
δ13C=
(
13R
13RPDB
− 1
)
· 103 (1)35
with 13R being the ratio of the two stable carbon isotopes 13C and 12C in the sample.
For basin-wide carbon flux estimates, studies of seasonal variations, or interannual trends it is im-
portant to have a dataset of sufficiently high coverage both in space and time. Moreover, the dataset
should be free of systematic differences between measurements carried out by different laborato-
ries and on different cruises. However, both criteria are not easily met. Since Isotope Ratio Mass40
Spectroscopy (IRMS), the common method to analyze δ13C-DIC data, is a very time consuming
and expensive technique that cannot be performed at sea, data coverage has remained relatively
poor. Therefore, several efforts have been made to assemble a dataset containing as many cruises as
possible.
For oceanic δ13C-DIC data this has been done first by Kroopnick (1985) who provided an analysis45
of the distribution of δ13C-DIC in the world’s oceans. Over the years more data was accumulated
and different data collections emerged (Gruber et al., 1999; Quay et al., 2003, 2007; Schmittner
et al., 2013). During recent years, databases like GLODAP (Global Ocean Data Analysis Project)
and CARINA (Carbon dioxide in the Atlantic Ocean) were created for carbon-related parameters
(Olsen et al., 2016). These projects did not only assemble the data but also conducted a secondary50
quality control so that systematic biases between individual cruises could be identified and adjusted
for (Tanhua et al., 2009; Velo et al., 2009; Tanhua et al., 2010a; Pierrot et al., 2010). Relative to
other parameters such as total alkalinity or DIC, however, the dataset for δ13C-DIC is still small and
disorganized. Therefore, no secondary quality control in which deep water samples from different
cruises at the nearby locations, so called crossovers, are compared to each other could be carried out55
within these collections. Several new cruises have become available for the North Atlantic so that
now the present crossover study could be performed for this area. This crossover analysis features
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Figure 1. Map of all stations with δ13C-DIC data used in this dataset. Data from deeper than 1500 m was
available only for the stations in dark red, so only these stations were used for the crossover analysis.
29 cruises of which 22 could be compared quantitatively. Cruises without a quantitatively evaluable
crossover were qualitatively related to the corrected dataset.
Please note, that for applying the crossover inversion routine we assume that the deep water masses60
(below 1500 m) are only to a negligible amount influenced by changes due to an increasing amount
of anthropogenic carbon. Since the detected differences between some cruises were not consistent
with a slowly increasing amount of anthropogenic carbon we think that this consistent dataset is a
important step for improving the study of carbon isotope dynamics in the upper 1500 m. In regions
for which also the deeper water masses have been shown to contain a high amount of anthropogenic65
carbon, were neglected crossovers with cruises that took place long before or long after the respective
cruise. We believe that no temporal trends have been removed, or created by the 2nd QC procedures
employed here. However, care should be exercised for calculating Cant accumulation in water below
1500 m.
70
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Table 1. Information about sample handling and measurements for those cruises where the δ13C data have not
been published elsewhere.
Cruise Expocode Laboratory Analysis Sample handling PI
ID period
1 06MT19941012 1 9/2002 -
12/2002
200 µL HgCl2sat/
100 mL sample
A. Körtzinger / H.
Erlenkeuser
2 06MT1997-M39 1 1/1998 -
2/2000
200 µL HgCl2sat/
100 mL sample
A. Körtzinger / H.
Erlenkeuser
3 06MT1999-M45 1 7/2000 -
6/2002
50 µL HgCl2sat/
100 mL sample
A. Körtzinger / H.
Erlenkeuser
4 06MT20010507 1 12/2001 -
9/2002
50 µL HgCl2sat/
100 mL sample
A. Körtzinger / H.
Erlenkeuser
5 06MT20030723 1 3/2004 -
10/2004
100 µL HgCl2sat/
100 mL sample
A. Körtzinger / H.
Erlenkeuser
6 06MT20040311 1 1/2005 -
10/2005
200 µL HgCl2sat/
100 mL sample
D.W.R. Wallace /
H. Erlenkeuser
1 Leibniz Laboratory for Radiometric Dating and Isotope Research, Kiel, Germany
2 Data Provenance and Structure
This dataset comprises data and metadata from 29 research cruises/campaigns from several interna-75
tional research groups, in total 6068 samples. Some of these consist of multiple cruises and one is a
time series. For the crossover analysis, some consecutive cruises whose data were analyzed together
were treated as one cruise. While the focus is on the North Atlantic, four cruises were included that
also have stations in the Nordic Seas, and one cruise extends into the South Atlantic. Thereby, con-
sistency with extended quality controlled datasets for these regions is ensured. Since only deep (>80
1500 m) samples of each cruise are compared in this study, only cruises with at least one deep station
could be included in this analysis.
Figure 1 shows the locations of all stations with δ13C-DIC data that are part of this compilation.
For cruises that have not been published elsewhere, Table 1 shows a summary of the respective
sample handling, the periods during which the samples were analyzed and the responsible PI. Some85
cruises had δ13C-DIC measurements over the entire depth range at every station, whereas others
just had one or two stations with deep δ13C-DIC data. Most of the cruises were conducted in the
subpolar North Atlantic, while the tropical region has relative poor coverage. The temporal and
latitudinal distributions of the data are displayed in Figure 2. The data was collected in the North
Atlantic between 1981 and 2012, with the majority falling between 1990 and 2005. Considering the90
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Figure 2. The temporal distribution of the presented dataset ordered by year (left panel) and the sum of all
samples at each latitudinal degree (right panel).
seasonal distribution of the data, a bias towards summer time exists, especially towards late summer.
The only two cruises which took place between January and March were located south of 42◦N. The
uncertainty of the δ13C-DIC samples analyzed by IRMS is usually reported to be between ±0.12‰
(Gruber et al., 1999) and ±0.03‰ (Quay et al., 2003).
The presented dataset consists of 20 columns of which the first 17 are cruise number, station, sam-95
pling number, day, month, year, latitude, longitude, maximal depth, maximal sampling depth, bottle
number, cast number, temperature, salinity, depth, ctd salinity and pressure. Column 18 contains the
adjusted δ13C-DIC data, column 19 a quality flag(C13f) and column 20 the QC-flag (C13qc, see
Table 2). For bad data the quality flag was set to ’not measured’ and therefore column 19 has only
two entries (2: good, 9: not measured). Cruises that could be quantitatively compared to each other100
by the 2nd QC have a ’1’ in the QC-flag. All others are flagged with ’0’.
Additional parameters to most of the cruises can be found in either GLODAPv2 or CARINA.
Only the most recent cruises 35TH20060521 and 74DI20120731 are not included in these datasets,
but the individual cruise files can be found on CDIAC. The OMEX1NA data are only part of Carina.
The respective cruise numbers in GLODAPv2 and CARINA of the cruises shown in the NAC13v1-105
dataset can be found in the documentation.
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Table 2. NAC13v1 data set parameter list, column names used in the data product and the respective units.
parameter data product data product unit
parameter name flag name
NAC13v1 cruise number cruiseno
Station station
Sample number nosamp
Day day
Month month
Year year
Latitude latitude ◦N
Longitude longitude ◦E
Bottom depth maxdepth m
Pressure of the deepest sample maxsampdepth dbar
Bottle number bottle
Cast number cast
Temperature temperature ◦C
Salinity salinity
Depth depth m
CTD salinity ctdsal
Pressure pressure dbar
δ13C-DIC C13 C13f, C13qc ‰
3 Computational Analysis110
In order to derive an internally consistent set of δ13C-DIC data in the North Atlantic all publicly
available data in this area were assembled and quality controlled (QC) in two steps. At first, a pri-
mary QC was performed in order to identify obviously erroneous data, such as wrong positions,
time stamps and depths. Also outliers were identified and then flagged by comparing the profiles of
each cruise internally. After that, the secondary QC procedure was conducted employing a crossover115
analysis as described by Tanhua et al. (2010b). This MATLAB based software package compares
two cruises at a time, searches for nearby stations, so-called ’crossovers’, and calculates differences
between all crossovers of the two cruises as additive offsets with the unit ‰. As criterion for iden-
tifying crossovers a maximum of 180 nm (3◦ of latitude) distance between stations was used. From
these crossovers, the δ13C-DIC data collected deeper than 1500 m was compared on equal poten-120
tial density. Based on the resulting offsets and standard deviations determined for each of these
crossovers a suggestion for a possible adjustment was made. This suggestion was obtained by an
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inversion routine using a Weighted Least-Square (WLSQ) and a Weighted Damped Least Square
(WDLSQ) model as described by Johnson et al. (2001). The cruise 33MW19930704-1 covers a long
distance and is assumed to have high quality data. Therefore this cruise was selected as core cruise125
and weighted higher than the other cruises. Unfortunately this was the only cruise meeting these
two criteria. Several cruises from different years were in good agreement with the core cruise while
the other cruises were adjusted towards it. Choosing the appropriate distance criterion for crossover
locations is always a compromise between including as many statistically relevant crossovers as pos-
sible by selecting a large enough radius on the one hand and trying to have only crossovers between130
stations that share similar oceanographic characteristics on the other hand. However, reducing the
crossover distance to 120 nm reduced the amount of crossovers and the number of cruises that could
be quantitatively compared to each other but did not significantly change the suggested magnitude
of adjustments of the remaining cruises. Therefore, the 3◦x3◦ criterion was used instead. For some
crossovers in highly variable regions with deep water formation, such as the Labrador Sea and the135
Nordic Seas, the standard deviation was decreased significantly by restricting the comparison depths
to >2000 m. Generally, offsets from crossovers in these highly variable regions, from cruises with
a relatively poor data precision or with just a few deep samples were considered in the model with
less influence, by weighting the offsets with their uncertainty. In Figure 3 all crossovers between the
cruises 06MT20030723 and 33MW19930704-1 are shown as an example, both for the uncorrected140
as well as for the corrected dataset. All crossovers from the adjusted and the unadjusted dataset can
be found at: http://cdiac.ornl.gov/oceans/ndp_096/NAC13v1.html.
Whether an adjustment was applied to the data was decided somewhat subjectively in each case
based on a combination of the shape and distribution of individual crossover differences and the
suggestions given by the inversion routine with knowledge about the sampling region. After applying145
the adjustments, the inversion was conducted again and it was checked whether or not the adjustment
improved the overall consistency within the entire dataset. Temporal changes of the deep water
masses were only considered in this step of the routine when comparing the suggested corrections
and the corresponding crossover offsets between cruises in areas where also the deep water δ13C-
DIC was expected to change over time. In order to get a quantitative description of the internal150
consistency of the final dataset, a weighted mean using the respective offsets of all crossovers and
their standard deviation was calculated (Tanhua et al., 2010a).
WM =
L
i=1
∑
D(i)/(σ(i))2
L
i=1
∑
1/(σ(i))2
(2)
L refers to the total number of crossover, D to the respective offset of all crossover and σ is their
standard deviation.155
7
Figure 3. Crossovers between the cruises 06MT20030723 and the core cruise 33MW19930704-1. The left hand
plot shows the original and the right hand plot the adjusted data. In both cases the distribution of the δ13C-DIC
on equal density surfaces (left hand side) as well as the mean offset between both cruises (right hand side) is
shown. The cruise 06MT20030723 was adjusted by -0.20 ‰.
4 Adjustments
The data of all cruises as well as locations are shown in Figure 4. The offsets, as well as the cor-
rections suggested by the WDLSQ inversion routine, and the final adjustments are listed in Table 3.
In Figure 5 the results of the WDLSQ inversion are shown before and after the adjustments were
applied. Some cruises show quite big deviations from the core cruise. However, we do not know the160
reason for these biases. Besides the actual sample analysis in the laboratory, also different sampling
routines on board the ship, insufficient poisoning and the sample storage time can cause these biases.
A detailed overview of the offset of each crossover in the original as well as the adjusted dataset
is given in Table 4 in the supplementary information. Moreover, the evidence for our decision will
be presented for each cruise.165
4.1 06MT19941012, cruise #1
This cruise on the German R/V Meteor is also known as M30-2 (Körtzinger et al., 1998). The
inversion suggested a correction of -0.07 ‰. The mean offset of all crossovers is 0.11 ‰ too high.
Based on the crossover with the core cruise an adjustment of -0.07 ‰ was applied.
8
Table 3. Overview of all cruises in this dataset. The data of some cruises were combined for the analysis. For
more information, please see the detailed description in the ’Adjustments’ section. Both, the mean offsets and
the corrections suggested by the WDLSQ inversion are shown for the original and the adjusted dataset. In the
last column the applied adjustments are displayed. NC indicates that these cruises were not considered in the
inversion since they had no statistically significant crossover and the core cruise is marked with C. Cruises with
insufficient quality data are denoted ’poor’ and not included in the further analysis.
cruise Expocode Calculated offset Suggested adjustments Final adjustments
ID not adjusted adjusted WDLSQ WDLSQ (adj)
/ ‰ / ‰ / ‰ / ‰ / ‰
1 06MT19941012 0.11 -0.02 -0.07(±0.10) -0.01(±0.02) -0.07
2 06MT1997-M39 -0.02 0.02 0.01(±0.14) 0.00(±0.01) 0
3 06MT1999-M45 0.16 -0.01 -0.14(±0.09) 0.00(±0.01) -0.15
4 06MT20010507 0.16 0.00 -0.24(±0.10) 0.00(±0.01) -0.30
5 06MT20030723 0.14 0.03 -0.15(±0.09) 0.00(±0.01) -0.20
6 06MT20040311 -0.14 -0.02 0.10(±0.09) 0.01(±0.01) 0.10
7 316N19970717 0.17 0.02 -0.06(±0.17) -0.01(±0.01) -0.05
8 316N19970815 NC
9 316N20030922 NC
10 316N20031023 NC
11 33RO19980123 NC
12 33MW19910711 -0.02 -0.02 0.00(±0.01) 0.00(±0.01) 0
13 33MW19930704-1 -0.05 0.01 0.00(±0.01) 0.00(±0.01) C
14 35TH20020611 NC
15 35TH20060521 -0.39 -0.02 0.24(±0.21) -0.03(±0.05) 0.25
16 58JH19920712 NC
17 58JH19940723 NC
18 64TR19900417 poor
19 74DI20120731 -0.33 -0.13 0.13(±0.28) 0.12(±0.12) 0
20 OMEX1NA -0.14 -0.03 0.03(±0.13) 0.02(±0.02) 0
21 316N19810401 -0.06 0.03 -0.03(±0.10) -0.01(±0.03) 0
9
Figure 4. Adjusted δ13C-DIC profiles and locations of each cruise. The green profiles represent the data of the
specific cruise whereas the gray dots show all profiles in the dataset. continued on next page
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Figure 4. continued from previous page.
Adjusted δ13C-DIC profiles and locations of each cruise. The green profiles represent the data of the specific
cruise whereas the gray dots show all profiles in the dataset.
Figure 5. The results of the WDLSQ based inversion routine for the original (blue circles) and the adjusted
dataset (red stars). The cruises are plotted at the time the data was collected vs. the suggested correction.
4.2 06MT19970515, 06MT19970707 and 6MT19970815, here referred to as170
06MT1997-M39, cruise #2
These cruises are also known as M39 cruises with three legs of δ13C-DIC sampling (M39-2, M39-4,
M39-5) (Körtzinger et al., 1999; Thomas and Ittekkot, 2001). Since each leg of this cruise had only
11
a few stations with δ13C-DIC samples, and all these samples were analyzed together, these cruises
were summarized for the crossover study. Both, the inversion routine and the single crossover with175
the adjusted cruises show no evidence for an offset.
4.3 06MT19990711 and 06MT19990813, here referred to as 06MT1999-M45, cruise #3
These cruises are also known as M45-2 and M45-3 (Friis et al., 2005). Since both were analyzed
together, they were summarized for this crossover study. The inversion suggested a correction of -
0.15 ‰ and the mean offset of all crossovers was 0.16 ‰ too high. After applying this adjustment and180
comparing this cruise to the adjusted dataset, the inversion routine still suggested a small correction.
Therefore, an adjustment of -0.20 ‰ was applied.
4.4 06MT20010507, cruise #4
This cruise is also known as M50-1 (Friis et al., 2007). The inversion routine suggested a correction
of -0.24 ‰, whereas the mean offset was 0.16 ‰ too high. Based on the southern crossover with185
cruise 06MT20040311 and 316N19970717 an adjustment of -0.30 ‰ was applied.
4.5 06MT20030723, cruise #5
This cruise is also known as M59-2 (Friis et al., 2007). The correction suggested by the inversion
routine is -0.15 ‰ which matches with the positive offsets of the crossovers, except of those with
33TH20060521. Based on the crossover with the core cruise, an adjustment of -0.15 ‰ was applied.190
4.6 06MT20040311, cruise #6
This cruise is also known as M60-5 (Tanhua et al., 2007). The inversion routine indicates that the
δ13C-DIC data of this cruise is 0.10 ‰ too low. Additionally, the mean offset shows that this data is
too low. An adjustment of +0.10 ‰ was applied.
4.7 316N19970717, cruise #7 and 316N19970815, cruise #8195
These cruises followed the WOCE/GO-Ship standard lines A20 and A22 (Johnson et al., 2003). The
inversion suggests a correction of -0.06 ‰ for 316N19970717. It shows one crossover with cruise
06MT20040311 in which a significant positive offset is still visible after cruise 06MT20040311 was
corrected. Therefore, an adjustment of -0.05 ‰ was applied for cruise 316N19970717. The cruise
316N19970815 does not show a statistically significant crossover.200
4.8 316N20030922, cruise #9, and 316N20031023, cruise #10
These cruises, that took place in the tropical western Atlantic, following the A20 and A22 lines, have
only one deep station each (Feely et al., 2008). The crossovers of these stations with both, the ad-
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justed data of cruise 06MT20040311 and cruise 316N19970717 show a good agreement, suggesting
that no adjustment should be applied.205
4.9 33RO19980123, cruise #11
This cruise (Lee et al., 2003) has one statistically insignificant crossover with the cruise 06MT20040311
and one with cruise 33MW19930704-1. Both seem to be in good agreement, suggesting that no ad-
justment should be applied.
4.10 33MW19910711, cruise #12, and 33MW19930704-1, cruise #13210
The cruise 33MW19930704-1 was considered as core cruise in the present analysis (Forde et al.,
1996). The cruise 33MW19910711 extents into the south Atlantic and its crossover with cruise 13
shows no need for an adjustment.
4.11 35TH20020611, cruise #14, and 35TH20060521, cruise #15
The latter of these two cruises has a few quantitative crossovers, that show a high offset of -0.39‰.215
Furthermore, the inversion suggests a correction of 0.24‰. The high variability of the sampling area
south of Iceland, as well as an increasing lightning of the deep water carbon pool over time don’t
give an adequate explanation for this large deviation and, therefore, an adjustment of -0.25‰ was
applied. The cruise 35TH20020611 shows just a few qualitatively analyzable crossovers, that show
a lighter carbon pool compared to earlier cruises and a heavier one compared to the original data220
of cruise 35TH20060521 (Racapé et al., 2013). After adjusting this cruise, both cruises, which were
analyzed in the same laboratory, are not in good agreement anymore which suggests that the earlier
cruise also has too low isotope values. However, in the absence of a statistically significant crossover
no adjustment was applied to this cruise.
4.12 58JH19920712, cruise #16, and 58JH19940723, cruise #17225
These two cruises took place in a highly variable area (Gislefoss et al., 1995). No statistically relevant
crossover exists but the data are in good agreement with the core cruise and the other adjusted cruises
in that area.
4.13 64TR19900417, cruise #18
This cruise shows extreme scatter compared to all other cruises and, therefore, was not included into230
the adjusted product (Rommets et al., 1991). When comparing crossover stations this cruise shows
a mean offset to other cruises of about -1.2‰.
13
4.14 74DI20120731, cruise #19
Both the inversion and the offset mean of the crossover suggest a correction of +0.13 ‰ for the cruise
(Humphreys et al., 2015). This most recent cruise took place near the Scotland-Iceland ridge where235
the deep water masses cannot be assumed to be constant over time. All crossovers indicate a lower
δ13C-DIC of this cruise when comparing it with the others which is consistent with an increased
amount of anthropogenic carbon. Therefore, no adjustment was applied.
4.15 OMEX1NA, cruise #20
During the OMEX1 project in the North Atlantic δ13C-DIC samples were taken in January 1994240
(Wollast and Chou, 2001). The data is in good agreement with the other cruises in this area and no
adjustment was applied.
4.16 316N19810401, cruise #21
The cruises 316N19810401, 316N19810416, 316N19810516, 316N19810619, 316N19810721,
316N19810821 and 316N19810923 are combined and usually named Transient Tracers in the Oceans245
North Atlantic Study (TTO-NAS) (Brewer et al., 1986). The inversion does not suggest any correc-
tion for this dataset.
5 Conclusions
The finalized, quality controlled dataset of δ13C-DIC presented here consists of 22 cruises (some of
which consists of multiple legs) that have been quantitatively compared to each other and form an250
internally consistent dataset. Seven cruises could not be quantitatively compared to the other cruises
due to a lack of crossovers and / or deep δ13C-DIC data. The internal consistency of the adjusted
dataset was calculated to be 0.017‰ based on Equation 2.
The database is available at CDIAC via http://cdiac.ornl.gov/oceans/ndp_096/NAC13v1.html,
doi:10.3334/CDIAC/OTG.NAC13v1.255
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5 Underway measurements on the
North Atlantic of f CO2 and
δ13C(CO2)
First, all measured CRDS-fCO2 and δ13C(CO2) data as well as the related air-sea dis-
equilibrium between ocean and atmosphere will be presented as a time-line. The vessel
tracks and the study area are shown in Figure 3.4. The CRDS data was obtained be-
tween May 2012 and December 2014, Licor data between March 2012 and December
2014. Please note, that there is an inherent latitudinal shift from 45 ◦N in the west
(Halifax, CA) to 50 − 55 ◦N at the eastern boundary of the sampling region. East of
about 45 ◦W, the sampling region is mostly inﬂuenced by the eastward ﬂowing North At-
lantic Drift Current (NADC), leading to relatively uniform water mass properties. Here,
the latitudinal variation of the vessel track (45 − 60 ◦N) had only small inﬂuences on
the measurements, mainly in form of a slightly retarded bloom onset in regions further
north and therefore a delay in nutrient draw-down compared to southern regions (Hen-
son et al., 2009b). However, the vessel track did not show a signiﬁcant seasonal pattern
in this area. In fact, the decision whether the vessel sailed a northward or southward
route is made each time based on the position of the major low pressure systems in the
North Atlantic region. This picture changes when looking at the data west of 45 ◦W.
Here, the comparability throughout the year and between the separate trips is limited
by the respective inﬂuence of the two diﬀerent water masses mixing in this area (Gulf
Stream (GFST) and Labrador Current (LC)). Moreover, the vessel track in this area
was inﬂuenced by the ice limit which has its most southward extension in late spring.
In order to avoid ice bergs, the vessel was sailing further south during this time of year,
resulting in an increased signature of the salinity rich GFST water from March to July.
This southward shift was exceptionally distinct in 2014.
Figure 5.1 shows a Hovmoeller plot of the underway fCO2 and δ13C(CO2) data. Please
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Figure 5.1: Hovmoeller plots of underway fCO2 (left panel) and δ13C(CO2) (right panel).
note, that the color coding is inverted for the δ13C(CO2) so that the anti correlated
behavior of both parameter shows the same color pattern. Unfortunately, problems with
the CRDS analyzer resulted in two gaps of the isotope data in fall 2012 and fall/winter
2013. For the fCO2 data these gaps were ﬁlled by using the NDIR data. For some
trips, the SST data had to be reconstructed from the equilibrator temperature and the
water ﬂow rate. Since the fCO2 has a high sensitivity towards temperature changes,
only isotope data is presented for these trips.
Both parameters are inﬂuenced by a superposition of the eﬀects of temperature vari-
ability, biological production and respiration and changing water masses. The fCO2
shows some reoccurring seasonal pattern, even though the spatial extension and the in-
tensity can vary from year to year. Generally, one can observe the development of the
fCO2 decrease caused by the spring bloom from west towards east. During the summer
season this decrease is opposing the temperature eﬀect, which causes an increase of the
fCO2 through warming. Temperature variations throughout the year are in the order of
15 ◦C in the west to 5 ◦C in the east and thus can easily change the fCO2 about 20−50 %
(Takahashi et al., 1993). In the west (−50 to −60 ◦E), this inﬂuence is visible every year
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Figure 5.2: Hovmoeller plots of the atmospheric disequilibrium of underway fCO2 (left
panel) and δ13C(CO2) (right panel). Blue colors indicate undersaturation of
fCO2 and a heavier CO2 pool than in the atmosphere, red colors indicate
supersaturated water with a lighter carbon dioxide pool.
as very high fCO2 between July and October. This pattern also doesn't show the same
intensity every year. Other areas with high fCO2 were found at the eastern side of the
basin between October and March. Since the temperature varies much less in this area,
this increase is most likely caused by convective mixing of water with a high carbon
load by the deepening of the mixed layer in winter or respiration processes on the shelf
nearby. Very low CO2 fugacities (on average 250−300µatm and 150µatm in small scale
bloom patches) were observed at the front of LW and GFST waters in April/May 2012
and 2013. In 2014, the vessel tracks were shifted more southwards, so that the front
region was not sampled. In many regions, a small second fCO2 minimum in October is
discernible, which is more distinct in the western part. The δ13C(CO2) is less sensitive
to temperature variability. The temperature dependence of δ13C(CO2) is caused by the
temperature dependent fractionation to DIC. Additionally, the inﬂuence of warming is
in the same direction as that of primary production. This leads to an additional increase
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during summer, producing a heavy isotope signature in this season, and a light CO2 pool
during winter by summing up the eﬀects of cooling and the addition of respirational,
light carbon by convective mixing. However, many biology-related patterns that were
observed for fCO2 can also be seen in the δ13C(CO2), albeit with opposite sign, such
as the propagation of the bloom onset from east to west and the intense front bloom in
April/May.
The air-sea disequilibrium is shown for both, fCO2 and δ13C(CO2), in Figure 5.2.
For both parameters, the sign of the disequilibrium is color-coded. Blue colors indicate
undersaturation of fCO2 and a heavier CO2 pool than in the atmosphere, red colors
indicate supersaturated water with a lighter CO2 pool. The basic patterns described
above are also visible in this depiction. The North Atlantic is mostly undersaturated in
fCO2 and almost reaches equilibrium in late winter, prior to the onset of spring bloom.
Supersaturated conditions can only be observed for the regions and time windows with
very high fCO2. The supersaturation in the western part is caused by a dominance of
the thermal eﬀect over the eﬀects of primary production.
Takahashi et al. (2009) found diﬀerent shapes of the pCO2 seasonalities for tropical
and subpolar water in the North Atlantic with a supersaturation related pCO2 max-
imum in August for subtropical areas, while the more polar water is undersaturated
during the entire year with a minimum in June and a maximum during winter. The
western part of our sampling area is a transition region between these two regimes, and,
therefore, showing characteristics of both, while the eastern part shows clear subpolar
characteristics in this point.
The δ13C(CO2) disequilibrium changes from lighter CO2 than the atmosphere in winter
time to heavier CO2 at the end of summer. Since both main drivers of δ13C(CO2), tem-
perature and primary production, have a similar shape, the pattern of the atmospheric
δ13C(CO2) disequilibrium is more uniform than that of ∆fCO2.
Though three years are not enough for getting a clear picture of interannual variabil-
ity, the summer fCO2 minimum is more pronounced during the year 2014 whereas the
winter maximum fCO2 is reduced during the winter 2012/2013. This pattern in the CO2
fugacity can be seen as opposing behavior in the isotope ratio data, although the inter-
pretation is clearly limited by the data gaps during fall and winter 2013. The interannual
variations can be explained by considering wind velocity and mixed laxer depth (MLD)
during these years. Figure 5.3 shows monthly means of MLD and wind velocity along
50◦N from January 2012 to December 2014. Both, the deepening of the mixed layer
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Figure 5.3: Monthly means of mixed layer depth (left panel) and wind velocity (right
panel) at 50 ◦N from January 2012 to December 2014.
as well as the wind velocity are clearly enhanced during winter 2013/2014 compared to
winter 2012/2013. The deeper winter mixed layer leads to an enhanced entrainment of
nutrients into the surface water. This causes the high fCO2/low δ13C(CO2) conditions
in winter and provides the basis for an ampliﬁed spring bloom.
The main driver for interannual variability of the climate and ocean system of the
North Atlantic is the North Atlantic Oscillation (NAO). An overview of monthly means
of the NAO index from 2002 to 2016, as well as the year to year variation in winter time
NAO can be found in Figure 5.4. The NAO can inﬂuence surface fCO2 and δ13C(CO2)
through many diﬀerent paths, such as changes in temperature, salinity, wind, heat ﬂux,
biological ﬂuxes, vertical mixing, lateral transport or freshwater input. Some of these
factors take full eﬀect directly (e. g. wind changes and corresponding changes of wind
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driven surface currents in the subtropical gyre), whereas others show a delay of a few
years (e. g. changes in the deep convection of the Labrador sea) (Thomas et al., 2008).
The interpretation of NAO-fCO2 correlations is even further complicated by the fact
that the diﬀerent inﬂuences can have the opposite direction, overlap each other and are
not independent from each other. The increase in wind velocity and deep convection can
be attributed to a positive winter mean NAO index (DJFM) during winter 2013/2014,
while the winter 2012/2013 has a negative winter mean NAO index. This is in good
agreement with the work of Henson et al. (2009a), who found that positive NAO years
are correlated with deep winter mixed layers. These deep mixed layers cause a delayed
spring bloom onset in the polar North Atlantic (light limited regime) resulting in a
reduced bloom intensity and an increased bloom in subtropical water (nutrient limited
regime) due to the enhanced nutrient supply. Most of our measurements were conducted
in the transition zone between clearly subtropical and subpolar water masses. On the
one hand, they show subpolar ∆fCO2 characteristics but on the other hand, they show
summer oligotrophy (see seasonal cycles of nutrients in Chapter 7). Depleted nutrients
and a fall bloom triggered by nutrient re-supply is a subtropical signature. Henson et al.
(2009a) also stated that the bloom timing in this transition zone can vary tremendously
between that of subtropical water (November) and polar water (April) as a response
of a changing winter mean NAO index. Unfortunately, the poor data coverage during
spring and summer 2013, the sampling interval of 2-3 weeks, in the best case, and the
varying latitude during the crossings obstruct the possibility to detect a diﬀerence in
bloom onset between both years.
For getting a better understanding of how interannual variations of the NAO or maybe
other processes such as Great Salinity Anomalies (GSA) aﬀect the marine carbon cycle
and, thus, the ∆fCO2 and ∆δ13C(CO2) in the North Atlantic more measurements in
this area are necessary. The three years presented here are not enough for getting the
general picture of forcing and response cycles. Moreover, the variability of fCO2 can-
not be explained without getting a better understanding of the interaction of physical
forcing, nutrient cycling, triggering, supporting and limiting factors of phytoplankton
and zooplankton growth. Besides measuring the seasonal and interannual variability of
additional parameter, such as plankton community structure or growth rates of phyto-
plankton, changes in isotope signatures are a useful tool for monitoring e. g. the impact
of N2 ﬁxation on the bioavailable nitrogen pool. A good leverage point for getting the
bigger picture could be the combination of the here presented variations in CO2 and other
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Figure 5.4: Variations of the NAO index (blue bars) and its winter mean values (red
stars, December to March average) during the period 2002-2016.
nutrients with data from the CPR program (Continuous Plankton Recorder) where rel-
ative changes in the phytoplankton production are tracked since 1948 from commercial
vessels.

6 Modeling inventory changes of
carbon and nutrients
This Chapter deals with the impact of air-sea gas exchange, net community production
and convective mixing on the surface ocean carbon and nutrient concentrations. A box
model was set up to calculate the quantitative contribution of each process and the
seasonal variation of each ﬂux. First, the seasonal changes due to convective mixing
(MIX), air-sea gas exchange (ASE) and net community production (NCP, referred to as
BIO in the following Figures and Equations) will be presented for four boxes across the
North Atlantic (1025, 2540, 4055 - sub, 4055 - pol). After that, the respective yearly
surface ocean inventory changes due to ASE, MIX and the net community production
during spring and fall bloom (BIO,S and BIO,F) will be discussed. For carbon, the
net community production ﬂux was calculated based not only on the DIC concentration
and fCO2 (BIO), but also based independently on their stable carbon isotope ratios
(BIOC13). At the end of this Chapter, additional beneﬁts and their practical limitations
of the usage of stable carbon isotopes for separating carbon ﬂuxes in the surface ocean
stemming from primary production and mixing will be addressed.
The division of the data into four regional boxes, the setup of the box model itself and
the calculation procedure of the input variables is described in Sections 3.3.5 and 3.4.
The harmonic ﬁts of all input variables and their seasonality is discussed in Chapter 7.
In order to exclude DIC variations caused by evaporation and precipitation, a salinity
normalized DIC was used in the calculation.
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6.1 Seasonal evolution and integrated inventory
changes of carbon and nutrients
The inventory changes in DIC, nitrate, phosphate and silicate due to net community
production as the balance between autotrophic primary production and autotrophic
and heterotrophic respiration are calculated from the measured concentration changes
corrected for ﬂuxes due to MIX and ASE. The seasonality of these inventory changes in
each box is shown in Figures 6.1 to 6.4. Please note, that all ﬂuxes are shown with respect
to the respective surface ocean reservoirs. Fluxes increasing the species' inventory of the
surface ocean are positive and those removing are negative. Especially for the air-sea gas
exchange this has to be kept in mind because this parameter is normally expressed from
an atmospheric perspective, resulting in opposite signs. All in all, the inventory changes
for carbon and nutrients give a consistent picture. The parameters in all boxes show
an alternation of a negative ﬂux due to net community production in spring which is
declining towards the summer and then increasing again in fall, and positive ﬂuxes due to
convective mixing during the winter period. The carbon ﬂux due to air-sea gas exchange
was positive for all calculations and relatively small in comparison to the ﬂuxes mediated
by other processes. The diﬀerence between net community production calculated from
DIC only, and the combination of DIC and δ13C(DIC) is not signiﬁcant. The timing of
the ﬂux caused by convective mixing as calculated by the box model starts very early for
all parameters and, thus, does not capture the observed concentration changes during
this period. This is caused by inaccuracies of the harmonic ﬁt of the mixed layer depth
which has its maximum earlier than the mean maximal mixed layer of the box, especially
in the western boxes. This inaccuracy in the onset of the mixing ﬂux is increasing
towards the west, and, as a consequence, the positive ﬂux of net community production
prior to the spring bloom onset is increasing. Another source of uncertainty to the
mixing ﬂux is the diﬀerent spatial and temporal resolution of MLD data, mean summer
proﬁles and the underway measurements. By comparing the four boxes, it can be stated
that the box 4055 - sub generally shows the highest rates of net primary production
(-0.16molCm−2d−1, -32mmolNm−2d−1, -1.0mmolPm−2d−1) while the polar box has
the lowest (-0.045molCm−2d−1, -5.0mmolNm−2d−1, -0.2mmolPm−2d−1). For silicate,
box 2540 is showing the highest consumption rate and also in box 1025 the rate of silicate
inventory changes due to NCP is high in relation to the rate for DIC.
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Figure 6.1: The inventory changes of inorganic carbon, nitrate, phosphate and silicate for box 1025.
Fluxes due to air-sea gas exchange are displayed in blue, convective mixing in red and
net community production in green (dark green: spring bloom, light green: fall/winter
bloom). The net community production of carbon calculated from isotope measurements
is shown in purple. The time period used for the integrated values in the next Section is
shown as colored area (BIO-C13 was integrated over the same period as BIO). The black
lines represents the rate of concentration changes based on the harmonic ﬁts.
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Figure 6.2: The inventory changes of inorganic carbon, nitrate, phosphate and silicate for box 2540.
Fluxes due to air-sea gas exchange are displayed in blue, convective mixing in red and
net community production in green (dark green: spring bloom, light green: fall/winter
bloom). The net community production of carbon calculated from isotope measurements
is shown in purple. The time period used for the integrated values in the next Section is
shown as colored area (BIO-C13 was integrated over the same period as BIO). The black
lines represents the rate of concentration changes based on the harmonic ﬁts.
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Figure 6.3: The inventory changes of inorganic carbon, nitrate, phosphate and silicate for box 4055 -
sub. Fluxes due to air-sea gas exchange are displayed in blue, convective mixing in red and
net community production in green (dark green: spring bloom, light green: fall/winter
bloom). The net community production of carbon calculated from isotope measurements
is shown in purple. The time period used for the integrated values in the next Section is
shown as colored area (BIO-C13 was integrated over the same period as BIO). The black
lines represents the rate of concentration changes based on the harmonic ﬁts.
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Figure 6.4: The inventory changes of inorganic carbon, nitrate, phosphate and silicate for box 4050 -
pol. Fluxes due to air-sea gas exchange are displayed in blue, convective mixing in red and
net community production in green (dark green: spring bloom, light green: fall/winter
bloom). The net community production of carbon calculated from isotope measurements
is shown in purple. The time period used for the integrated values in the next Section is
shown as colored area (BIO-C13 was integrated over the same period as BIO). The black
lines represents the rate of concentration changes based on the harmonic ﬁts.
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Figure 6.5: Integrated inventory changes of inorganic carbon, nitrate, phosphate and
silicate for each box. The time periods used for the integrals are shown as
shaded areas in Figures 6.1 to 6.4.
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In Figure 6.5 the integrated inventory changes are displayed. The annual ﬂux due
to air-sea gas exchange is increasing from east to west, which is in agreement with
the climatology of Takahashi et al. (2009). The magnitude of the ﬂux, and the fact
that it is increasing towards the western subtropical part of our sampling region is also
in agreement with earlier studies (west: 3.5molC m−2yr−1, east: 3.24molCm−2yr−1
(2002/2003, Lüger et al. (2006)), 2.4-3.0molCm−2yr−1 (2000, Takahashi et al. (2009)),
west: 2.7molCm−2yr−1, east: 2.4molCm−2yr−1 (2006/2007, Steinhoﬀ (2010))). Also
the long-term mean for this region of 2-3molCm−2yr−1 ﬁts well with our calculations
(Landschützer et al., 2014). The use of diﬀerent wind products as well as diﬀerent
parametrizations of k can, of course, cause changes in the calculated ASE ﬂux and the
inclusion of the uncertainty of k increases directly the overall uncertainty.
The integrated ﬂux due to convection is decreasing from east to west for all parameters
caused by the reduced maximal mixed layer depth. However, this ﬂux introduces the
largest uncertainty since the actual true conditions underneath the mixed layer can
diﬀer signiﬁcantly from the mean depth proﬁle at the end of the spring bloom period
that was used in the calculation. The integration of the mixing ﬂux until the maximal
winter concentration reduces the error in the timing that is visible in Figures 6.1 to 6.4.
The model seems to overestimate the entrainment ﬂuxes of carbon and nutrients in the
eastern boxes.
Generally, the ﬂuxes of phosphate are small in comparison to nitrate and carbon, es-
pecially in the eastern and central box. N:P and C:P ratios of NCP during the spring
bloom have values of N:P=24 and C:P=260 (box 1025), which is much higher than
those that would be expected for a formation of biomass close to the Redﬁeld ratio
(Anderson and Sarmiento, 1994) and those estimated from the relative nutrient draw-
downs. Only box 4055 - sub shows a C:P ratio that is in the order of those calculated in
Chapter 8 (170). However, the C:N ratios during spring bloom of 12.8 (box 1025), 6.6
(box 2540), 10.5 (box 4055 - sub) and 14.4 (box 4055 - pol) are in good agreement with
earlier studies which also found a production of carbon rich biomass (Körtzinger et al.,
2008; Sambrotto et al., 1993). One process that causes an elevated fraction of consumed
DIC in relation to consumed nitrate is the production of particulate inorganic carbon
(PIC) by coccolithophores. N2 ﬁxation can also be a reason for an elevated C:N ratio
in NCPs determined from concentration drawdowns. Especially in the subtropical box,
this could be a reason. However, indication for N2 ﬁxing biomass was derived for all
boxes except for box 4055 - pol (see Chapter 9).
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Another interesting pattern is the bloom in fall. Such a bloom is known for subtropical
regions that experience summer oligotrophy (Lipschultz, 2001). The deepening of the
mixed layer in fall returns nutrients to the surface. Since all regions run into nutrient
depletion, a nutrient-triggered bloom in fall/winter can be expected to occur across the
entire sampling area. However, the ﬂux calculated for NCP of carbon in fall is only
signiﬁcant in boxes 2540 and 4055 - sub, and for the nutrients only in the box 4055 -
sub. Its magnitude in relation to the spring bloom varies between 27% (4055 - sub) and
40% (2540). The respective C:N ratio during the fall bloom is 19 (2540) and 9.3 (4055
- sub).
The problem of comparing the annual or semiseasonal ﬂuxes shown in Figure 6.5 to
other studies is that most studies report a daily ﬂux for the observed period, which is
mostly a relative short time period (see Table 6.1). However, this rate can vary extremely
throughout the year (see Figures 6.1 - 6.4). The ﬂux for the spring bloom reported by
Körtzinger et al. (2008) of (−6.4± 1.1)molC m−2 is slightly lower than our estimate in
the same region (box 1025), but ﬁts well with the spring integral of the neighbor box
2540. The ﬁnding that a signiﬁcant fraction of the NCP occurs prior to the onset of
summer stratiﬁcation could be conﬁrmed. Rates of inventory changes during the spring
that are reported in the literature also ﬁt well with the daily inventory changes in the
Figures above at the respective time of year (Chipman et al., 1993; Quay et al., 2012;
Alkire et al., 2012, 2014). The rate of nitrate uptake observed in this work is also in
good agreement with values reported by Alkire et al. (2012).
6.2 Chances and limitations in using stable carbon
isotopes for ﬂux calculations
The use of stable isotopes can principally improve ﬂux calculations by adding an equation
to the system of equations that needs to be solved. It runs into limitation, however, when
this additional equation comes with more unknown variables or when the uncertainties
involved become too high. For our application, the isotopic signatures of the respective
ﬂuxes need to be known. For each isotopomer, an individual budget can be formed. For
the surface ocean carbon cycle, the budget ﬂuxes for the overall DIC and for the 13C
fraction of DIC can be calculated as follows.
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∆DIC = ∆ASE + ∆MIX + ∆PP + ∆RES + ∆LAT + ∆DIF (6.1)
∆(αDIC)×DIC =∆(αASE × ASE) + ∆(αMIX ×MIX) + ∆(αPP × PP)
+∆(αRES × RES) + ∆(αLAT × LAT) + ∆(αDIF ×DIF)
(6.2)
with ∆DIC being the change in DIC concentration, ∆ASE the ﬂux caused by air-
sea gas exchange, ∆MIX that stemming from convective mixing, ∆PP carbon ﬁxation
by primary production, ∆RES respiration, ∆LAT a ﬂux caused by lateral transport,
∆DIF vertical diﬀusion between mixed layer and underlying waters and α the respective
isotopic signatures of the ﬂuxes.
In the box model discussed above, both equations were simpliﬁed by combining pri-
mary production and respiration to net community production (BIO). Assuming that
the net ﬂux through lateral transport is small in comparison with the biological ﬂux
and that vertical diﬀusion can only cause signiﬁcant changes in the DIC concentration
when the mixed layer is shallow, and therefore does not have a large inﬂuence on the
annual budget, these two ﬂuxes can be neglected. Now, all variables are known and the
equations can be solved for BIO.
∆BIO = ∆DIC−∆ASE−∆MIX (6.3)
∆BIO =
∆(αDIC ×DIC)−∆(αASE × ASE)−∆(αMIX ×MIX)
αBIO
(6.4)
As discussed above, both estimates diﬀer, but not signiﬁcantly. Equation 6.4 is much
more sensitive towards changes in overall inorganic carbon concentrations than towards
changes in the isotopic signature. In this application, the additional knowledge of
δ13C(DIC) does, therefore, not provide signiﬁcant beneﬁt.
Another approach is to just neglect either LAT or DIF and to combine the two arising
Equations 6.5 and 6.6. Now, either LAT or DIF can be calculated by estimating the
respective αLAT or αDIF (Equations 6.7 and 6.8).
∆DIC = ∆ASE + ∆MIX + ∆BIO + ∆LAT (6.5)
∆(αDIC)×DIC = ∆(αASE×ASE) + ∆(αMIX×MIX) + ∆(αBIO×BIO) + ∆(αLAT×LAT)
(6.6)
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∆BIO =
(αDIC − αLAT)×∆DIC− (αASE − αLAT)×∆ASE− (αMIX − αLAT)×∆MIX
(αBIO − αLAT)
(6.7)
∆LAT = ∆DIC−∆ASE−∆MIX− BIO (6.8)
The clear limitation of this Equation is that it is undeﬁned for αLAT = αBIO. This
causes the problem that the equation becomes more sensitive towards measurement
and estimation errors, especially those of αLAT and αBIO, the smaller the diﬀerence
between αLAT and αBIO becomes. Figure 6.6 shows the mean annual inﬂuence of errors
associated with the respective isotope signatures of all ﬂuxes as a function of the isotope
composition of the LAT ﬂux, αLAT (or in δ notation δ13(LAT)), for the eastern box (1025)
by assuming a constant δ13C(BIO) of -24h. A mean isotope ratio of the carbon ﬂux
through lateral transport of δLAT = −30h based on the mean diﬀerence to the neighbor
box was calculated for box 1025. With an αLAT that close to αBIO, the uncertainties of
the input variables are too large for the outcome to be useful. The isotope signatures of
lateral transport and primary production are so close to each other because the water
masses in this area are relative similar and vary mainly in their biological history.
Another cause of problems is that the isotope signature of a ﬂux is calculated from
the diﬀerence in DIC and the 13C fraction of both reservoirs, the current surface water
and the water reservoir that is mixed in by lateral transport,
αLAT =
∆DIC13LAT
∆DICLAT
=
αDIC ×∆DIC− αLAT_RES ×∆LAT_RES
∆DIC−∆LAT_RES (6.9)
where the respective ﬂuxes in DIC and 13C are denoted as ∆DICLAT and ∆DIC13LAT
and the label LAT_RES stands for the characteristics of the reservoir that is mixed in.
Equation 6.9 shows that αLAT is not independent of DIC and αDIC and can vary ex-
tremely. When the DIC diﬀerence between both water masses is decreasing, the isotope
signature of the ﬂux reaches maximal values with an inﬁnite αLAT for ∆DICLAT → 0. A
schematic illustration of how the isotope signature of a ﬂux can vary with the absolute
size of this ﬂux is shown in Figure 6.7. The isotope signature of the ﬂux cannot be in-
tuitively estimated from the isotope ratios of the two mixing reservoirs. As an example
of how variable such a ﬂux between two reservoirs can be, the seasonality of αASE is
shown in δ notation for the boxes 1025 and 4055-pol in Figure 6.8. While the isotope
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Figure 6.6: Inﬂuence of uncertainties of the input variables on ∆ BIO, calculated after
Equation 6.7 dependent on the isotope signature of the ﬂux LAT. Equation
6.7 was diﬀerentiated with respect to all variables and then multiplied with
the respective standard deviation of the harmonic ﬁts. Since the inﬂuence
of the respective parameter on uncertainty of ∆ BIO is varying throughout
the year the annual mean is shown. As a gray line the calculated isotope
signature of lateral transport for the box 1025 is displayed.
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Figure 6.7: Schematic illustration of how the isotope signature of a ﬂux is inﬂuenced by
the magnitude of entire concentration ﬂuxes and the isotope ratio of both
reservoirs. Two reservoirs with diﬀerent isotope ratios (black and white) are
mixed 50:50. In the three diﬀerent examples, diﬀerent gradients in both
isotopomers are displayed. Small relative changes in the bulk concentration
causes high changes in the isotopic composition of the ﬂux between both
reservoirs (R(MIX)).
signature of the ASE ﬂux is relative constant in box 1025, the higher variability in the
air-sea disequilibrium of both, fCO2 and δ13C(CO2) in box 4055-pol heavily increases
the variability in the isotope signature of the ASE ﬂux.
In summary, it can be said that at the current state of the knowledge, the approach
of Equation 6.7 and 6.8 is very limited if not unfeasible. Besides a reduced spatial
scattering of the data and a better measurement precision of the respective parameter,
our knowledge of isotope ﬂuxes by lateral transport and diﬀusion needs to be improved.
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Figure 6.8: Seasonal variation of the isotope signature of the air-sea gas exchange for
boxes 1025 (light colored lines) and 4055 - pol (light colored lines) (left panel).
The respective air-sea disequilibriums of fCO2, ∆fCO2, (green lines) and
δ13C(CO2), ∆δ13C(CO2) (red lines) are shown in the right panel.

7 Seasonality of the surface North
Atlantic
In this section, the mean seasonal variations of relevant carbon system parameter will
be addressed. Besides the seasonality of basic parameters such as SST, SSS, and mixed
layer depth, the seasonality of carbon dioxide fugacity (fCO2), the related disequilibrium
with the atmosphere (∆fCO2), dissolved inorganic carbon (DIC), total alkalinity (TA)
and the stable carbon isotope signature of CO2 (δ13C(CO2)) and DIC (δ13C(DIC)) will
be discussed. Furthermore, the temporal variations of nitrate, nitrite, phosphate and
silicate throughout the year will be discussed. At the end, the seasonal variations of
Chl a concentration, dissolved (DOC) and particulate organic carbon (POC) will be
presented. The seasonal variability of the relative abundances of carbon and nitrogen in
the produced organic matter will be discussed in Chapter 8.
All data were divided into four boxes of comparable water properties (1025, 2540,
4055-sub, 4055-pol) as described in Section 3.3.5. A description of the sample handling
and measuring techniques can be found in Section 3.3. Each crossing's continuous mea-
surements were averaged for the respective box and the standard deviations are shown
as gray bars in the plots. The ﬁts describing the mean seasonal evolution of each pa-
rameter were performed using a harmonic function (see Section 3.3.5). The ship tracks
and sampling locations can be found in Figure 3.4 and the latitudinal distribution of the
data in each box is shown in the Supplement.
7.1 Seasonal variability of SST, SSS and MLD
Generally, the variability of most parameters is increasing towards the west due to the
mixing of two water masses with very diﬀering characteristics (Labrador Current water
and Gulf Stream water, see Section 2.1). The variability between data from diﬀerent
crossings at the same time of the year, can either be caused by interannual variability
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Figure 7.1: Seasonal variations of the sea surface temperature (SST) across the North
Atlantic (2012: circle, 2013: triangle, 2014: cross; dark blue: box means of
underway data, gray bar: box mean ± standard deviation of underway data,
light blue: SST at sampling position, red line: harmonic ﬁt).
or latitudinal shifts of the ship track. A systematic southward shift in the western part
due to the ice limit caused a high temperature, high salinity shift in the subtropical
box during April and May (Figures 7.1 and 7.2). Apart from this, the salinity shows
only small variations throughout the year with lower salinities in fall and high salinities
during spring. The smallest amplitude in the annual cycle of the sea surface temperature
can be found in the east (5 ◦C) and is increasing towards the west with the polar water
having the largest amplitude (15 ◦C) (Figure 7.1). The variability in temperature is also
higher in the western part of the basin due to the front between Labrador Current and
Gulf Stream. For the boxes 2540 and 4055, data from the crossings in August 2012
and January 2014 have to be handled with care because the ship was sailing north of
Newfoundland through the Strait of Belle Isle, which is further north than the normal
ship tracks.
The mixed layer depth was taken from the operational numerical system output
(PSY2G3R3-PGN) provided by the Mercator Project (www.mercator-ocean.fr). The
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Figure 7.2: Seasonal variations of sea surface salinity across the North Atlantic (for an
explanation of the diﬀerent markers, please see caption of Figure 7.1).
Figure 7.3: Mean seasonal variations of mixed layer depth across the North Atlantic
(blue line) and the ﬁt used for the box model (red line).
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mean seasonal variation in each box from 2012 to 2014 is shown in Figure 7.3. Please
note the diﬀerent y-axis ranges in the east and west. The maximal mixed layer depth
in all boxes occurs between Julian day 50 and 80, while the maximal winter mixed layer
depth is much deeper in the east (420m) than in the western boxes (200m in 4055 -
sub and 70m in 4055 - pol). The harmonic ﬁt tends to ﬂatten the jump-like formation
of summer stratiﬁcation and shows a too early maximal MLD, especially in the west.
Since the water intake is located at a water depth of 8-9m and about 250m astern of the
forecastle we assume that we don't measure undisturbed mixed layer depths shallower
than 20m and, therefore, the ﬁt was set to 20m for periods with a MLD shallower than
20m. Summer stratiﬁcation forms slightly earlier in the west than in the east and is
shallower in the western boxes. The mixed layer deepening starts at the same time in
each box but proceeds fastest in the east.
7.2 Seasonal changes in nutrient concentrations
The seasonality of nitrate, phosphate and silicate concentrations is driven by the inter-
action of nutrient consumption during primary production and entrainment of nutrient
rich waters due to convective mixing (Figures 7.4 to 7.6). The amplitude is highest in the
central box and lowest in the box 4055 - pol, while the duration of summer oligotrophy is
increasing from west to east. The scatter of the data for each crossing, as well as between
diﬀerent crossings at the same time of year is mainly caused by latitudinal diﬀerences,
especially during the spring bloom. The latitudinal diﬀerence between Halifax in the
west (44 ◦N) and Ireland in the east (51 ◦N or 55 ◦N) and, thus, the more subtropical
characteristics in the west lead to a slightly earlier spring bloom onset at the western
side of each box. Moreover, the box 1025 can be inﬂuenced by an earlier bloom onset
at the shelf edge of the Celtic Sea. The maximal mixed layer depth can change within
each box, as well, so that the sampled water can have experienced diﬀerent entrainment
ﬂuxes.
The average nitrate concentration in late winter varies between 10µmol kg−1 (2540)
and 5µmol kg−1 (4055 - pol). In the west, nitrate is completely depleted by May while in
box 1025 there is still some nitrate left until Julian day 200. This long period of nitrate
below the detection limit is well known for subtropical regions and decreasing with
increasing polar inﬂuences (Lipschultz, 2001; Takahashi et al., 1993). The concentration
increase due to entrainment starts earlier in the east while the slope of the nitrate
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Figure 7.4: Seasonal variation of nitrate concentration in the four regional domains
(2012: circle, 2013: triangle, 2014: cross, harmonic ﬁt: red line).
Figure 7.5: Seasonal variation of phosphate concentration in the four regional domains
(2012: circle, 2013: triangle, 2014: cross, harmonic ﬁt: red line).
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Figure 7.6: Seasonal variation of silicate concentration in the four regional domains
(2012: circle, 2013: triangle, 2014: cross, harmonic ﬁt: red line).
drawdown is much steeper in the central and western boxes than in the eastern box.
The slope and the timing of a net entrainment ﬂux is determined by the start and
magnitude of convective mixing and the size of a possible fall bloom. This fall bloom
can be triggered by the availability of nutrients after summer oligotrophy and is reported
for subtropical waters, with decreasing intensity towards the north. Of course, it can
only develop when the surface water is depleted in at least one nutrient, which here is
for all regions the case.
The phosphate concentration varies in all boxes between maximal concentrations in
late winter of 0.6 − 0.7µmol kg−1 and a summer minimum of 0.1 − 0.2µmol kg−1. The
lowest summer concentration was observed in the subtropical box, but all boxes always
showed a residual phosphate above the detection limit during summer. The lowest sum-
mer phosphate values in the subtropical box are most likely caused by nitrogen ﬁxation,
which is more pronounced there and consumes the residual phosphate after the onset of
nitrate depletion. This longitudinal diﬀerence in the relative abundances of nitrate and
phosphate can also be seen when comparing the maximal winter concentrations. The
ratio of winter nitrate to phosphate concentrations is decreasing from 16.2 in box 1025
to 7.8 in box 4055 - pol.
Silicate depletion in the east occurs earlier than the minimum in nitrate and phosphate
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Figure 7.7: Seasonal variation of nitrite concentration in the four regional domains (2012:
circle, 2013: triangle, 2014: cross, harmonic ﬁt: red line).
concentrations. In the western part, however, the depletion of nitrate, phosphate and
silicate occurs at the same time of year. This indicates that a diatom dominated bloom
in the east develops ﬁrst, but cannot consume all available nitrate. After a species shift
away from diatoms, the bloom continues until late summer. In relation to the maximal
winter nitrate concentration, the late winter silicate concentration peaks higher in the
west than in the east of the study area. This can be caused by a silicate triggered fall
bloom in the east that shows a relative high fraction of diatom biomass accumulation. In
box 1025, nitrate just reaches depletion at the end of summer, while silicate is depleted
for about 100 days.
The nitrite concentration shows a bimodal seasonality in the eastern and central boxes
with maxima during spring bloom and fall bloom / convective mixing. In the western
boxes the data are much more scattered and barely show signiﬁcant seasonal changes.
In principle, nitrite can be produced as an intermediate during the reduction of nitrate
during primary production and the oxidation of organic nitrogen during respiration (Zehr
and Ward, 2002). Typically, elevated nitrite concentrations are observed for areas with
intense primary production and respiration. In the water column, a nitrite maximum
occurs beneath the euphotic zone. This nitrite is transported to the surface during
convection and can be responsible for the fall peak. The smaller amplitude in nitrite in
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the west can be due to a stronger limitation in nitrogen and shallower maximal mixed
layer depths. A very early onset of spring bloom even in fall, as it known for the
subtropics (Henson et al., 2009b), can also be a reason why we cannot observe a winter
minimum here. The upwelled nitrite would be directly consumed by the developing
bloom. During winter, the growth rates are decreased and the dilution eﬀect caused by
a deeper mixed layer can prevent the nitrite concentration from building up signiﬁcantly.
7.3 Seasonal changes of the carbon system and its
isotopic composition
The obseved seasonal variability within the inorganic carbon system is varying signiﬁ-
cantly between the eastern and western part of the study area. While the eastern regions
show more subpolar patterns, the western boxes show clear subtropical inﬂuences. The
shape of the fCO2 seasonality and the respective air sea disequilibrium are in agreement
with previous studies of Lüger et al. (2004) and Takahashi et al. (2009) (Figure 7.8 and
Figure 7.9). In the eastern and central box, the fCO2 is close to equilibrium with the
atmosphere during winter time and shows an undersaturation of about 50µatm from
April to November. This undersaturation is caused by carbon ﬁxation during the spring
bloom. The increase in inorganic carbon due to convective mixing in fall and winter
brings the fCO2 close to the atmospheric fCO2. The picture looks diﬀerent in the two
western boxes. Here, the seasonal cycles of fCO2 and ∆fCO2 have a bimodal pattern.
The fCO2 maximum in summer is a feature known for subtropical water masses (Lüger
et al., 2006). An air sea disequilibrium during winter is observed, which is caused by a
combination of cooling and an early onset of the spring bloom, possibly even in fall. The
spring bloom in this region can easily reduce the fCO2 to 250µatm or less in April/May.
These waters inﬂuenced by an elevated primary production can be very patchy and are
mostly located at the front of Labrador Current and Gulf Stream or at the shelf edge
of the Grand Banks. After this bloom event and after the nutrients being depleted,
the inﬂuence of primary production on the fCO2 declines and warming starts to be the
major driver of fCO2 changes. The seasonal change in SST is two to three times larger
in the western boxes than in the eastern ones. The warming brings the fCO2 close to
atmospheric equilibrium or can even lead to supersaturation (4055 - pol).
The stable carbon isotope ratio of CO2, δ13C(CO2) (see Figure 7.10), is driven by
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Figure 7.8: Seasonal variation of fCO2 in the four regional domains. Data from diﬀerent
years are denoted with diﬀerent symbols (2012: circle, 2013: triangle, 2014:
cross) and the respective standard deviation is shown as gray bars.
Figure 7.9: Seasonality of ∆fCO2 in the four regional domains (for an explanation of
the diﬀerent markers, please see caption of Figure 7.8).
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Figure 7.10: Seasonal variation of δ13C(CO2) in the four regional domains (for an expla-
nation of the diﬀerent markers, please see caption of Figure 7.8).
a combination of temperature changes and biological eﬀects. In contrast to fCO2, the
impacts of these two drivers are in phase resulting in a heavier CO2 pool during summer.
The δ13C(CO2) amplitude is increasing from east to west. About half of the amplitude
in δ13C(CO2) can be attributed to the temperature dependent fractionation between
CO2 and the entire DIC (about 2h per 10 ◦C (Zhang et al., 1995)). With increasing
temperature, the CO2 fraction of the DIC pool in the surface ocean becomes heavier.
Carbon ﬁxation by phytoplankton gives the lighter isotopomer an advantage due to
kinetic fractionation so that the remaining carbon pool in the surface ocean gets enriched
in the heavier isotopomer. During respiration, the eﬀect is in the opposite direction,
so that the δ13C(CO2) decreases again when remineralized nutrients are mixed to the
surface during convective mixing. Gas exchange with the atmosphere usually lightens
the surface ocean CO2 pool. When the CO2 reservoir gets very light by winter cooling
and the ocean is still undersaturated, the isotope ratio of the ﬂux can turn positive, and,
thus, lightens the pool of inorganic carbon in the surface ocean. The isotope ratio of
the ﬂux changes sign when the ∆fCO2 changes its sign while the ∆δ13C(CO2) doesn't,
and vice versa (for more explanation, see Chapter 6, Equation 6.9). The changes in
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Figure 7.11: Seasonal variation of TA in the four regional domains. Data from diﬀerent
years are denoted with diﬀerent symbols (2012: circle, 2013: triangle, 2014:
cross, harmonic ﬁt: red line).
δ13C(CO2) directly drive the inﬂuence of air-sea gas exchange on the isotopic signature
of the inorganic carbon pool as well as the δ13C of the produced organic matter.
The seasonal variations in alkalinity are mainly following the SSS (Figure 7.11). The
inﬂuences of primary production, which increases the alkalinity by removing nitrate, or
calciﬁcation, which would result in an alkalinity decrease, cannot be observed. First,
these two processes have a relative small eﬀect on alkalinity and second, the blooms can
be very patchy and this can be a reason for the scatter within the data.
Figure 7.12 and Figure 7.13 show the seasonality of DIC concentration and its stable
carbon isotope ratio, δ13C(DIC). The amplitude in DIC concentration is increasing from
east to west with maximal DIC concentrations in late winter caused by entrainment of
high DIC subsurface waters and decreases towards a summer minimum as soon as the
removal of DIC by primary production exceeds the entrainment ﬂux. The amplitude and
the absolute δ13C(DIC) are also increasing from east to west. In the two eastern boxes it
is clearly anti correlated to the changes in DIC concentration. The increase of about 1h
is reﬂecting a biologically driven DIC drawdown of about 80µmol kg−1 (assuming a mean
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Figure 7.12: Seasonal variation of DIC in the four regional domains. Data from diﬀerent
years are denoted with diﬀerent symbols (2012: circle, 2013: triangle, 2014:
cross, harmonic ﬁt: red line).
Figure 7.13: Seasonal variation of δ13C(CO2) in the four regional domains (for an expla-
nation of the diﬀerent markers, please see caption of Figure 7.8).
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δ13C(POC) of about 24h) and the decrease in fall can be related to the net entrainment
of the same amount of respiratory DIC. So both, the DIC and δ13C(DIC) changes are
fully biologically driven. This ﬁts with other studies in the subpolar North Atlantic
(Racapé et al., 2014; Gruber et al., 1999). However, the picture in the western boxes
is more complicated. In agreement with the nutrient drawdowns, the decrease in DIC
starts earlier and is steeper in the western boxes. The later onset of a net entrainment
ﬂux that has been observed for the nutrients can also be found in the DIC seasonality
in the west. However, a remarkable diﬀerence between nutrients and DIC concentration
is their behavior during summer. The DIC concentration in the western boxes decreases
to about half of its amplitude and then the decline ﬂattens. This is the time when
nutrients start to become depleted. In the second half of the year, the DIC continues
to decrease even though the nutrients are depleted (boxes 4055 - pol and 4055 - sub).
One reason for a continued DIC drawdown during nitrate depletion could be nitrogen
ﬁxation. However, the phosphate concentrations are too low to support a DIC decrease
by N2 ﬁxation in the order observed here. This DIC decrease is rather correlated with
a decreasing salinity and, thus, the salinity normalized DIC (nDIC) stays constant until
it is increasing again at the end of the year. A reason for this decrease in both, DIC and
SSS, could be the entrainment of low salinity water, possibly more polar water masses
that were inﬂuenced by ice melting during summer. The understanding of this further
DIC decrease improves by taking the δ13C(DIC) into account. The δ13C(DIC) shows
here a bimodal seasonality. During spring bloom, the DIC pool becomes enriched in the
heavier isotopomer. At the frontal region of Labrador Current and Gulf Stream, this
enrichment can lead to δ13C(DIC) values up to 5h that are usually not observed in the
open ocean, correlated to the extraordinary low fCO2 observed in that area. When the
surface water has reached oligotrophic conditions, the δ13C(DIC) starts to decrease and
subsequently starts to increase again as the DIC concentration is further diminished.
The lightening after the end of spring bloom could be caused by air-sea gas exchange
which can have a large inﬂuence on surface layer δ13C(DIC) during shallow mixed layer
conditions. The increase in the second half of the year is also showing a biological
signature (about 0.5h per 40µmol kg−1 decrease in DIC). However, since the decrease
in DIC stems from a lower salinity, this signature must be caused by mixing with lower
salinity water that comes with a diﬀerent isotopic signature. The coincident increase
in δ13C(DIC) indicates that this entrainment water has experienced a DIC decrease
caused by a phytoplankton bloom but had most likely a lower winter DIC concentration
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compared to the two observed western boxes. The decrease in salinity is a seasonal
signature that occurs simultaneously with the onset of convective mixing. Since the
MLD in this region is very shallow during summer (5-10m, see Figure 7.3), evaporation
could increase the salinity in the surface layer, so that mixed layer deepening can cause
a decrease in salinity. After the cessation of the spring bloom there can be a signiﬁcant
amount of primary production occurring underneath the very shallow mixed layer where
the nutrient concentration is not yet depleted. Mixing with this shallow subsurface water
mass that is not inﬂuenced by air sea gas exchange could give a persistent primary
production signal in the δ13C(DIC). Subsurface blooms in mid summer with a deep
chlorophyll maximum are reported for subtropical regions and consume nutrients below
the shallow summer mixed layer. This scenario is consistent with the delay of a net
entrainment ﬂux of nutrients relative to the onset of MLD deepening and can explain
the observed pattern. Another process that could possibly cause such a signature would
be a fall bloom that produces the biological isotope signature and coincides with lateral
mixing of lower salinity waters that were inﬂuenced by ice melting in summer. However,
the distinction between these two is not possible which represents a clear limitation of
underway data limited to surface measurements. For this purpose, a research cruise
with CTD data or at least a ﬂoat measuring biogeochemical parameter would have
been necessary. Another approach could be to study the relative abundance of 18O in
water molecules, that could give a suggestion of the relative inﬂuences of melt water and
precipitation on the salinity decrease (Newton et al., 2013).
7.4 Seasonal variability of Chl a, POC and DOC and
the Chl a / POC ratio
The Chl a concentration is often used as an indicator of primary production. The
seasonal variation of Chl a concentration in this study shows a bimodal shape in all
boxes, with the peak in fall increasing with respect to the spring peak when going from
east to west (Figure 7.14). The concentration at the summer minimum decreases towards
the west while the minimal winter concentration is increasing. This can be explained
with a spring bloom onset in fall in the western part while the bloom in the eastern boxes,
which extend more northwards, starts in spring. The summer minimum in the west is
caused by the limitation of primary production due to nutrient depletion and increased
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grazing pressure. Another parameter for studying the primary productivity of suspended
biomass is the relative amount of Chl a and particulate organic carbon, the Chl a / POC
(Figure 7.15) ratio. Dependent on the species, this ratio can change remarkably during
a bloom and was found to be linearly correlated to nutrient limited growth rate (Cullen,
1982). Besides a reduced growth rate, a higher amount of zooplankton can be another
reason for declining Chl a / POC ratios. The Chl a / POC ratio peaks in every box
in late winter. Two processes can be the cause of this early peak. The shorter days
and the deeper mixing trigger the phytoplankton to include a higher amount of Chl a
due reduced light availability. Moreover, at this time of the year the fraction of primary
producers in the surface water is relative high while the abundance of herbivores and
carnivores increases with increasing food supply during spring. The decrease in the
Chl a / POC ratio around Julian day 100 - 200 is most likely caused by a combination
of decreasing growth rate due to reduced nutrient availability, a reduced fraction of Chl
a within the primary producers due a an increase in light intensity as well as an increase
in zooplankton biomass. When comparing this to the nutrient cycles, the slightly earlier
decrease in Chl a / POC in the western part is correlated with the earlier onset of
summer oligotrophy in this region.
The concentration of suspended particulate matter shows a clear seasonality with
minimum concentrations in winter and higher concentrations during the summer period
(Figure 7.16). The higher the measured concentrations, the higher was also the scatter
within one crossing. In the subtropical box, the maximal POC concentration is found
at the time when the bloom starts to become nutrient limited (around Julian day 120)
while the summer POC peaks later and higher in the eastern boxes. The decrease
towards the winter minimum starts in October/November. The seasonality of dissolved
inorganic carbon shows relatively constant concentrations during spring bloom that are
slightly higher in the western part of the basin, which is in agreement with studies that
showed higher concentrations in subtropical compared to subpolar regions (Carlson et al.,
2010) (see Figure 7.17). With the onset of nutrient depletion, the DOC concentration
is increasing and reaches values up to 120µmol kg−1. With increasing entrainment ﬂux
in fall, the DOC concentration turns back to its winter/spring value. The increase at
the onset of nutrient depletion is supposed to be caused by a release of small, carbon
rich molecules such as sugars. However, the DOC presented here has only scarce data
coverage compared to most other parameters, especially during summer. This clearly
limits its interpretability.
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Figure 7.14: Seasonal variations of Chl a concentration in the four regional domains
(2012: circle, 2013: triangle, 2014: cross, harmonic ﬁt: red line).
Figure 7.15: Seasonal variation of Chl a / OIC in the four regional domains (2012: circle,
2013: triangle, 2014: cross)
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Figure 7.16: Seasonal variation of POC in the four regional domains (2012: circle, 2013:
triangle, 2014: cross, harmonic ﬁt: red line).
Figure 7.17: Seasonal variation of DOC in the four regional domains (2012: circle, 2013:
triangle, 2014: cross).
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7.5 Synthesis
In summary, it can be said, that the eastern part of the sampling region is dominated by
biology, i.e., net production during spring and the upwelling of products from biomass
remineralization during mixed layer deepening. Spring bloom draws down nutrients and
DIC with a preferential uptake of the lighter carbon isotope, increasing the δ13C(DIC),
accordingly. The fCO2 is continuously undersaturated with a minimum during summer,
while its isotopic composition shows a maximum during summer. The Chl a concen-
tration shows a bimodal pattern with a large maximum in spring and a smaller peak
in fall. POC concentrations are elevated during the entire productive season and have
a minimum during winter. Towards the west, additional processes come into play and
the subtropical inﬂuence is increasing. The seasonal amplitudes of physical and carbon
system parameters increase while those of the nutrients tend to decrease. The decrease
in nutrient amplitudes is in agreement with decreasing maximal mixed layer depths to-
wards the western part of the basin. The reduced nutrient concentrations during winter
lead to a longer duration of nutrient depletion in summer. The large amplitude of DIC
is caused by mixing in late summer which is also causing an increased abundance of the
heavier isotopomer. The fCO2 shows a steep decrease during spring bloom, but almost
reaches equilibrium with the atmosphere in late summer, when temperature eﬀects be-
come the dominant driver of fCO2. The delayed onset of a net entrainment ﬂux during
convective mixing in fall and winter as well as the fall peak in Chl a, which has the same
size as the spring peak, points to a westward increase of bloom activity during fall.
8 Stoichiometry of biomass
production and upwelling of
nutrients
For predicting and interpreting the changes in surface ocean fCO2, not only the physical
but also the biological drivers have to be considered. The biological carbon pump is of
great importance for transporting carbon into deeper layers of the ocean, and, thus,
removing it from the air-sea interface for a time scale of months or longer. For reliable
estimates of the ocean carbon sink and the way it is changing on intra- to interannual
timescales, the main controls of the biological carbon pump have to be understood. A
time series like the one presented in this study is capable of revealing new insights into
the mechanisms that regulate the strength and the timing of the biological carbon pump
by relating diﬀerent parameter over the entire seasonal cycle.
The stoichiometric ratio of nutrient uptake and biomass produced has been studied
for a long time now with the classical Redﬁeld C:N:P ratio of 106 : 16 : 1 ratio being a
prominent example (Redﬁeld, 1958). Anderson and Sarmiento (1994) reported a slightly
higher amount of carbon 117±14 : 16±1 : 1 but both estimates are not in a statistically
signiﬁcant way diﬀerent. Since then, many studies have been conducted revealing vary-
ing elemental ratios depending on many diﬀerent factors such as the sampling region,
nutrient availability, season or species (Takahashi et al., 1993; Körtzinger et al., 2001;
Koeve, 2006; Geider and Roche, 2002). Also, diﬀerent methods for the determination of
the elemental ratio can inﬂuence the reported value. Measured carbon to nitrogen ratios
from sampling the produced biomass (CNPOM) usually report the C:N ratio of organic
carbon, while C:N ratios estimated from nutrient consumption integrate all carbon and
nitrogen that has been removed from the dissolved inorganic pool. When the sampled
bloom contains a high amount of calciﬁers, a signiﬁcantly higher C:N ratio has been
observed (Robertson et al., 1994). This fact has been used as an explanation for the
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relatively high diﬀerences between the various studies.
This chapter focuses on the stoichiometric characteristics of the production pf phyto-
plankton in the subpolar North Atlantic. The C:N ratio of suspended particulate organic
matter will be studied with respect to the location and the time of year and then com-
pared with the CN ratio of particulate matter (PM). From this comparison the fraction
of inorganic carbon in the surface layer will be calculated. Moreover, the consumption
and entrainment ratios recieved from gas exchange corrected DIC, nitrate, phosphate
and silicate concentrations will be presented and compared to the data of the suspended
POM. All data is separated into four boxes of comparable water mass properties as de-
scribed in Section 3.3.5. The western part was broken into two boxes reducing the data
coverage in comparison to the eastern boxes. The seasonal distributions of the nutrients
can be found in Section 7. The sample handling and measuring methods are described
in Section 3.3. The sampling positions of the data shown in this chapter is shown in
Figure 3.4. An overview of which samples were taken during which crossing is given in
the Supplement.
8.1 C:N ratios of suspended particulate matter and
the inﬂuence of calciﬁcation
The C:N ratio of suspended particulate matter (PM) and particulate organic matter
(POM) (CNPM, CNPOM) with it's seasonal variability is shown in Figure 8.1. While
CNPOM was measured during all three years, CNPM was only measured in 2014. The
standard deviation of data varies strongly between the respective crossings (between
0.2 and 2, in exceptional cases up to 6). Generally, it can be seen that the scatter is
increasing with increasing average CN ratio, while it is quite small at C:N ratios close
to the Redﬁeld ratio. Due to the amount of particulate inorganic carbon in particulate
matter, the CNPM is systematically higher than the CNPOM. Apart from small variations,
the shape of CNPM is following that of CNPOM. In the eastern region, high CNPOM was
observed during winter time, while the maximum in CNPOM in the subtropical region
was found during the summer. Especially after the onset of summer oligotrophy around
Julian day 120, elevated carbon fractions in POM were observed. This can be explained
by the growth of cyanobacteria such as Prochlorococcus or Synechococcus, which are
known to show an increase in their CNPOM under P-limited conditions (Bertilsson et al.,
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Figure 8.1: The seasonal variation of the C:N ratio of POM (blue) and PM (green) for
the four diﬀerent boxes. Data from diﬀerent years is denoted with diﬀerent
symbols (2012: circle, 2013: triangle, 2014: cross) and the respective cruise
medians are shown as stars. The gray lines indicate the time at which nitrate
and silicate start being depleted.
2003). Since the inﬂuence of cyanobacteria is only signiﬁcant in the subtropical region
of our study area, the boxes 1025 and 2540 do not show this pattern. Another reason
for increasing CNPOM during a bloom period can be carbon overconsumption as nitrate
becomes more and more depleted (Körtzinger et al., 2001; Koeve, 2004; Jiang et al.,
2013). In contrast to other studies, the data shown here do not support the theory
of the formation of carbon-rich particulate matter during the bloom phase and more
nitrogen-rich particulate matter before and after the bloom. Unfortunately, there is no
data between Julian day 180 and 260 for the eastern box so that no statement can be
made for the behavior of the CNPOM right at the end of the spring bloom (around Julian
day 250).
Since the amount of particulate nitrogen is not altered by the acidiﬁcation of the
POM samples prior to measurement, the relative proportion of particulate inorganic
carbon (PIC) in suspended particulate carbon (PC) can be calculated from the diﬀerence
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Figure 8.2: The amount of inorganic carbon in particulate matter for the year 2014
(crosses, Median: stars). The gray lines indicate the time at which nitrate
and silicate start being depleted.
between CNPM and CNPOM according to:
PIC
PC
= 1− CNPOM
CNPM
(8.1)
Figure 8.2 shows the fraction of particulate inorganic carbon (PIC/PC) and its variation
during 2014. On average, the eastern and central region show a higher fraction of PIC
than the western regions. The PIC/PC reaches its maximum in all boxes during winter
when slowly growing coccolithophores can develop. The faster growing diatoms can
outcompete the coccolithophores in the spring bloom and just by the higher amount of
biomass the fraction of PIC is decreasing. After silicate depletion in the boxes 1025 and
2540, we can observe an increase in inorganic carbon which is pointing to a development
of a coccolithophore-dominated bloom after the fade-out of the diatoms until the nitrate
is also depleted. In the subtropical region, where silicate and nitrate depletion occurs at
the same time, such an increase in PIC fraction cannot be seen.
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Table 8.1: Time range (Julian day) used for the nutrient correlation plots.
C:N C:P N:P C:Si N:Si Si:P
Bloom
1025 60-250 60-250 60-250 60-150 60-150 60-150
2540 60-200 60-180 60-180 60-200 60-150 60-150
4055-sub 60-120 60-120 60-120 60-120 60-150 60-120
4055-pol 0-150 0-150 0-150 0-150 0-150 0-150
Entrainment
1025 280-80 280-80 280-80 280-80 280-80 280-80
2540 280-80 300-80 280-80 280-80 280-80 280-80
4055-sub 300-80 300-80 300-80 300-80 300-80 300-80
4055-pol 300-80 300-80 300-80 300-80 300-80 300-80
8.2 Stoichiometry of nutrient consumption and
convective mixing
In this section, the integrated stoichiometric ratios of spring bloom nutrient consumption
as well as of the entrainment of nutrients due convective mixing during winter will be
presented for the six combinations of DIC, nitrate, phosphate and silicate. The DIC
data (nDICASE) were normalized to salinity as described in Section 3.3.5 and corrected
for air-sea gas ﬂux by using the mean DIC concentration change due to gas exchange.
For the ﬁrst part of the year (Julian day 0-250), the mean DIC change due to air-sea gas
ﬂux until the sampling day was summed up and subtracted from the DIC concentration.
For the entrainment (Julian day 250-365), the air-sea gas ﬂux from the sampling day
until the end of the year was added to the fall and early winter data. The time range
that was used for the respective plots is given in Table 8.1. The mean nutrient ratio
was derived from a linear model II regression of the temporal changes of the respective
nutrients. The stoichiometric ratios determined by this method are integrating over the
entire bloom and entrainment season with ﬂuxes from mixing, primary production and
respiration.
The derived C:N uptake ratio during the bloom phase is increasing from east to west,
lying slightly above the ratio reported by Redﬁeld (1958) (CNRedf = 6.6) and Anderson
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and Sarmiento (1994) (CNAnd = 7.1) and well above those in the western boxes (see
Figure 8.3 and Table 8.3). The entrainment ﬂuxes, however, are depleted in carbon
compared to the drawdown. The variability of the data cannot be fully described by
a linear ﬁt as can be seen in box 2540. After the nitrate concentration falls below
5µmol kg−1 the slope of the nDICASE vs NO−3 plot ﬂattens. This pattern can also
be observed in the C:P plot (Figure 8.4). Since this is the time when silicate starts
to become limiting a community shift can be hypothesized to be the responsible for
this. Also, uncertainties in the air-sea gas ﬂux correction can have an inﬂuence on the
data, which increases with decreasing mixed layer depth (due to the relative importance
of the gas exchange term). Average C:N values from the POM samples reveal near-
Redﬁeld composition for all boxes and a CNPM between 8 and 10 (see Table 8.2). The
C:N ratios of nutrient consumption are in good agreement with those observed for the
PM samples. The production of inorganic carbon can be calculated assuming a mean
CNPOM as reported by Anderson and Sarmiento (1994). For the boxes 1025 and 2540,
a fraction of 20-30% inorganic carbon is estimated which agrees well with the amount
of inorganic carbon estimated from comparing CNPOM and CNPM samples while this
method overestimates the inorganic carbon that is produced in the western part of the
sampling area. Here, N2 ﬁxation, which can also cause high C:N uptake rates, may be
the main reason. N2 ﬁxation can be inferred in all boxes except the polar one (see Section
9). While the impact of newly ﬁxed nitrogen in the eastern part of the sampling area is
negligible for nutrient concentrations, it is reported that a signiﬁcant amount of nitrogen
ﬁxation occurs in subtropical waters (Hansell et al., 2004; Singh et al., 2013). The
release of carbon rich DOM is not likely to cause the elevated C:N uptake ratios in the
west. Though the DOC concentration is slightly higher (60−70µmol kg−1, compared to
50−60µmol kg−1 in the east) it stays constant during the nutrient drawdown and starts
to increase after nutrient depletion. The reduced carbon content in the entrainment
ﬂux compared to the bloom period could be explained by preferential remineralization
organic carbon compared to inorganic carbon or the addition of newly ﬁxed nitrogen
to the produced biomass by nitrogen ﬁxation. According to the appearance of both
processes during the bloom phase, the sinking of carbon rich inorganic material beneath
the maximal mixed layer depth is the dominant process in the east, while newly ﬁxed
nitrogen is accountable for a signiﬁcant enrichment in upwelled nitrate in the subtropical
region.
The carbon to phosphate uptake and entrainment ratio is shown in Figure 8.4. The
Chapter 8. Stoichiometry of biomass production and upwelling of nutrients 105
Figure 8.3: DIC to nitrate ratios derived from nutrient consumption during spring bloom
(red symbols and ﬁt) and entrainment due to convective mixing in winter
(blue symbols and ﬁt).
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Table 8.2: Mean C:NPOM and C:NPM during the bloom period.
region C:NPOM C:NPM
1025 6.60± 0.97 9.6± 2.2
2540 6.48± 0.84 9.9± 3.5
4055-sub 6.60± 0.96 8.12± 0.67
4055-pol 7.0± 1.2 8.12± 0.14
C:P ratio observed during the bloom period is increasing from east to west, with the
two eastern and the polar boxes showing C:P ratios only slightly above the Redﬁeld
ratio, while the subtropical box has a C:P ratio of 213±27. The entrainment C:P ratios
are lower than those of the bloom period for all boxes and are all close to the average
composition of organic matter in the ocean, closer in fact to the value reported by
Anderson and Sarmiento (1994) than to the 'original' Redﬁeld ratio. The longitudinal
distribution of C:P uptake ratios resembles the ﬁndings from the C:N ratios. In the
eastern region the production of inorganic carbon leads to an increased amount of carbon
consumed per ﬁxed nitrogen. Elevated C:P ratios during primary production up to
several times the Redﬁeld ratio are known for colonies of N2 ﬁxing phytoplankton or
cyanobacteria (Nuester et al., 2012; Bertilsson et al., 2003). This can explain the high
C:P ratio in the subtropical region. The reduced carbon content in the entrainment
ﬂux in the C:N and the C:P ratio compared to the bloom period is probably caused by
an enhanced sinking ﬂux of inorganic carbon and its remineralization in deeper water
masses than the organic compounds.
The nitrate to phosphate correlation is shown in Figure 8.5. It is often used for
estimating the inﬂuence of N2 ﬁxation on a bloom. The intercept of the nitrate vs
phosphate plot indicates, whether nitrogen ﬁxation or denitriﬁcation is the dominant
process in the nitrogen cycle and whether a bloom runs into nitrogen or phosphorous
limitation (Deutsch and Weber, 2012). All ﬁts shown in this study have negative in-
tercepts pointing to the possible occurrence of nitrogen ﬁxation. Two boxes show NP
ratios close to 16, whereas the eastern and the subtropical box have elevated N:P ratios.
For the subtropical box this can be explained by N2 ﬁxation, while it is unlikely that
this process can also explain the high value in the eastern box. In contrast to the C:N
and C:P ratios, the N:P ratio during entrainment is slightly smaller, but statistically
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Figure 8.4: Carbon to Phosphate ratios derived from nutrient consumption during spring
bloom (red symbols and ﬁt) and entrainment due to convective mixing in
winter (blue symbols and ﬁt).
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Table 8.4: Fraction of total nutrients ﬁxed by diatoms from the relative consumption of
silicate, carbon and nitrate.
Region Cdiatom/Ctotal Ndiatom/Ntotal
from C/Si / % from N/Si / %
1025 71.2± 6.0 63.7± 5.7
2540 60.1± 4.3 63.1± 3.8
4055-sub 33.9± 3.2 47.9± 4.3
4055-pol 39.7± 4.7 71.6± 6.6
not distinguishable from that during the bloom period. The linear trend of the relative
entrainment of nitrate and phosphate indicates that both nutrients are remineralized at
the same depth.
The Figures 8.6 to 8.8 show the relative variations of silicate with respect to DIC,
nitrate and phosphate concentrations for the bloom period and the entrainment (C:Si,
N:Si and Si:P ratios). For all three correlations it can be seen that the subtropical box
diﬀers from the other, while the interpretation of the polar box is limited by the scarce
data coverage. In the eastern boxes, the bloom data show higher silicate fractions than
the entrainment ﬂuxes while the entrainment ﬂux in the subtropical water is depleted
in silicate. This is explicable when keeping in mind that the silicate depletion in the
surface water occurs prior to nitrate depletion in the boxes 1025 and 2540. Using a
mean elemental ratio of a diatom community (C/Si = 7.69± 1.8 and N/Si = 0.95± 0.33
(Brzezinski, 1985)), the average fraction of nutrients ﬁxed by diatom growth during the
bloom period (Cdiatom/Ctotal and Ndiatom/Ntotal) can be calculated (Table 8.4). Although
the relative consumption of silicate and carbon or nitrogen can also be inﬂuenced by
other factors such as growth rate, nutrient limitation or grazing pressure, the shown
averages give an idea of the relative importance of diatoms, integrated over the bloom
period until silicate depletion. It can be seen that the bloom in the eastern boxes is
inﬂuenced more strongly by diatom growth than that in the subtropical region, which is
in good agreement with higher abundances of the rather big diatoms in subpolar water
and their reduced importance for blooms in subtropical areas. The diﬀerence between
the estimates from C:Si and N:Si reﬂects the variations in carbon to nitrate uptake and
can be distorted by processes like N2 ﬁxation. The respective elemental ratios of the
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Figure 8.5: Nitrate to Phosphate ratios derived from nutrient consumption during spring
bloom (red symbols and ﬁt) and entrainment due to convective mixing in
winter (blue symbols and ﬁt).
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entrainment ﬂuxes are rather similar for all boxes. In the boxes 1025 and 2540, nitrate
and silicate do not show a linear relationship (indicated by the blue logarithmic ﬁts in
Figure 8.7). This decoupling can also be observed in the Si:P ratio of the entrainment,
though less pronounced due to the higher scatter in the phosphate data. The decoupled
entrainment shows a relatively high N:Si ratio at the beginning of the convective mix-
ing and a lower N:Si ratio when the mixed layer depth reaches its maximum. During
the sinking of particles carbon, nitrogen and phosphate are remineralized at a shallower
depth than silicate. This relative enrichment in silicate with depth can also be seen
when studying depth proﬁles of silicate and is known to have a greater extent in the
subpolar region compared to the subtropics (Ragueneau et al., 2006). The much shal-
lower maximal mixed layer depth in the subtropics can be another explanation for the
absence of this phenomenon.
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Figure 8.6: Carbon to silicate ratios derived from nutrient consumption during spring
bloom (red symbols and ﬁt) and entrainment due to convective mixing in
winter( blue symbols and ﬁt).
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Figure 8.7: Nitrate to silicate ratios derived from nutrient consumption during spring
bloom (red symbols and ﬁt) and entrainment due to convective mixing in
winter( blue symbols and ﬁt).
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Figure 8.8: Silicate to phosphate ratios derived from nutrient consumption during spring
bloom (red symbols and ﬁt) and entrainment due to convective mixing in
winter( blue symbols and ﬁt).
9 Measurements of stable isotope
signatures of particulate organic
matter
In this section I will present the seasonal variations in δ13C(POC) and δ15N(PON)
derived from ﬁve transects between March and November 2014. In combination with
the underway δ13C(CO2) data, the fractionation factor p between particulate organic
carbon and CO2 will be also shown in its spatial and temporal variability. Finally, a
parametrization of p depending on the salinity-normalized DIC concentration (nDIC35)
will be derived. This equation will be compared with other available parametrizations
and the measurements. The sampling locations of the δ13C(POC) and DIC samples
used in this section are shown in Figure 9.1. The respective sea surface temperatures
(SST, left panel)) and sea surface salinities (SST, right panel) are color-coded. For the
δ13C(CO2) data, the underway data were averaged for ≈ 12min around each sampling
time. For studying the diﬀerences in the seasonal cycles across the Atlantic, the data
was divided into four boxes as described in Chapter 3.3.5.
The ﬁrst crossing in March was shifted towards the north, especially between 20 ◦W
and 35 ◦W. In this longitudinal range signiﬁcantly lower temperatures were measured
during this trip (6−8 ◦C) compared to the other (12−17 ◦C) and lower salinities indicated
more polar inﬂuenced water masses. In the western part the comparability between the
crossings is more diﬃcult due the diﬀerent proportions of cold, fresh water from the
Labrador Current and warm and salty water from the Gulf Stream. Here, the ship
tracks were shifted southwards during spring and summer, leading to increased SST and
SSS along the ship track. During the crossing in June, which was the southernmost
crossing, very high SST (>18 ◦C) and SSS (>36 psu) were measured in this area.
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Figure 9.1: Sampling locations of δ13C(POC) and δ15N(PON) samples and the respective
sea surface temperature (left hand plot) and sea surface salinity (right hand
plot).
9.1 Seasonality of δ13C(POC) and δ15N(PON)
The seasonal variation of δ13C(POC), divided into four boxes, is shown in Figure 9.2.
In all boxes, a seasonal variation with heavier POC during the summer season and
lighter POC in winter can be clearly seen. The eastern box (10-25 ◦W) and the adjacent
central box (25-40 ◦W) which are both characterized by water of the North Atlantic
Drift Current show a quite similar behavior. In both boxes the lightest values were
observed in March (Julian days 60-70). This decrease in δ13C is rather attributed to the
season than to the slight northward shift of the ship track in winter since the subtropical
box also shows light POC values in this month. In this box, the ship track in March
overlaps with those in September and November (Julian days 270-280, 320-330). In
May (Julian days 110-120), after the bloom developed across the two eastern boxes with
high concentrations of Chl a (see Figure 7.14) and increased POC concentrations (see
Figure 7.16) the particulate organic carbon pool became much heavier, before it started
to lighten again in November at the end of the productive season. This progression is
in agreement with the observed changes in POC concentrations. The subtropical box
in the western part of the basin (40-55 ◦W) shows a slightly diﬀerent behavior. Here,
the particulate organic carbon pool is continuously becoming heavier from the minimum
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Figure 9.2: Seasonal variations of δ13C(POC) in the four regional domains. The gray
lines indicate the time at which nitrate and silicate start being depleted.
in March to a maximum in September and after that, lightening again. Unfortunately,
samples were not always taken in polar waters, so that this box contains only data from
three crossings. However, a trend with heavier POC during the summer and lighter
POC during the winter period can be observed, too.
The δ13C(POC) follows roughly the shape of the δ13C(CO2) variations. However, the
rapid increase in δ13C(POC) during the spring bloom is not seen in the CO2 isotope
ratio and the amplitude of the seasonal variability in δ13C(POC) is twice as high as in
δ13C(CO2). Mechanisms which can account for these diﬀerences will be discussed in
section 9.2. The magnitude of the δ13C(POC) data presented here is in good agreement
with available δ13C(POC) compilations (Goericke and Fry, 1994; Young et al., 2013).
Admittedly, these compilations consist of data from 1965-2010 and do not provide infor-
mation about seasonal variability. During the spring bloom 1989 (April-May) Rau et al.
(1992) found δ13C(POC) between −22.9h and −18.1h at 47 ◦N, 20 ◦W which covers
the same range as our measurements in May.
For the stable nitrogen isotope ratio of particulate organic nitrogen one would expect
increasing values from 0h at the start of the bloom to higher values with ongoing de-
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Figure 9.3: Seasonality of δ15N(PON) for four diﬀerent regions across the North Atlantic.
The gray lines indicate the time at which nitrate and silicate start being
depleted.
pletion in nitrate concentrations. Organic nitrogen that was introduced by N2-ﬁxation
should have a negative δ15N(PON) of about -2 h (see Chapter 2.3). However, the
picture isn't that clear in our data (see Figure 9.3). In all boxes, most samples showed
a δ15N(PON) of about 5h, slightly increasing towards September and then decreasing
again. This is not consistent with nitrate depletion during the summer months and the
respective fractionation changes expected for a Rayleigh process (see Figures 7.4 and
2.3). The duration of this nitrate depletion during summer is increasing from east to
west. Moreover, the changes in δ15N could not be related to any other measured param-
eter. In May, the light δ15N(PON) indicated the occurrence of nitrogen ﬁxation over
almost the entire basin (from 11-46 ◦W). It has been shown, that cyanobacteria such as
Trichodesmium but also communities of other diazotrophs or diatoms can have such an
isotopic signature (Carpenter et al., 1997; Reynolds et al., 2007). The occurrence of this
relative depletion is not correlated to a lack of nitrate in the surface water, however.
For a more detailed analysis of the processes behind the changes in the stable nitrogen
signature of particulate nitrogen more measurements of δ15N(PON) are necessary, but
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Figure 9.4: The seasonality of fractionation between dissolved CO2 and POC, p. The
gray lines indicate the time at which nitrate and silicate start being depleted.
also measurements of additional parameter can help to understand the underlying pro-
cesses, e.g. trying to close the inorganic part of the nitrogen budget by measuring δ15N
of nitrate, nitrite and NH+4 , the distinction of the isotopic signature of zooplankton and
phytoplankton (Hauss et al., 2013), investigating the variability of δ15N(PON) with the
size of the organisms (Benner et al., 1997) and the analysis of the sampled community
structure.
9.2 The fractionation between dissolved CO2 and
POC
The fractionation factor between dissolved CO2 and particulate organic carbon, p, was
calculated from δ13C(POC) and δ13C(CO2) according to Equation 2.15. Its seasonal
variation, shown in Figure 9.4, reﬂects mainly the seasonality of δ13C(POC) with an
increased fractionation during winter and smaller values during summer. This decrease
occurs on shorter timescales in the eastern part of the basin with a rapid change towards
a minimum in May, whereas in the western, subtropical box, p declines slower towards
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Figure 9.5: Parametrization of p based on salinity normalized DIC concentration,
nDIC35 (left hand plot). The crosses refer to the measured p during the
periods Julian day 130-300 and 300-130. The lines are the respective ﬁts.
The right hand plot shows the deviation between p calculated from the
parametrization and measured p. The gray lines indicate its standard devi-
ation.
a minimum in September. The central box shows signatures that ﬁt to both adjacent
boxes, with rapid decrease during spring bloom and a slight decrease from March to
September. The data from each month, especially during bloom conditions, show a
large scatter in the dimension of the entire seasonal amplitude, showing that there is a
high spatial variability and that it is very important for the fractionation during carbon
ﬁxation whether the sample was taken in a bloom patch or not. Especially during
May very high and variable concentrations of Chl a (0.26 − 5.30µg kg−1) and POC
(11 − 60µmol kg−1) were measured. The large variability in p could be caused by
changes that can occur within intense bloom patches, such as a switch in the carbon
transport mechanism into the cell from diﬀusive transport of carbon dioxide to active
transport of bicarbonate or by an increased inﬂuence of fractionation introduced by this
transport process on the overall fractionation.
Several eﬀorts have been made to estimate the fractionation factor with which carbon
is ﬁxed by marine primary producers. Goericke and Fry (1994) correlated p to the
concentration of dissolved CO2 as well as SST. Young et al. (2013) introduced an estimate
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of p based on a combination of day of year, SST and nitrate concentration. However,
all of these parametrizations underestimate the fractionation shown in this work. The
dependence of p on DIC, normalized to a salinity of 35, nDIC35, is shown in Figure
9.5. Please note, that this relationship could not be improved by using concentrations
of dissolved CO2 instead. The data show a weak correlation of p and nDIC35 during
the winter season (R2 = 0.38), but this correlation breaks down during the productive
season. The data from Rau et al. (1992), which were all taken at the same location,
shows a strong relationship between p and the CO2 concentration. The fact, that our
data do not show such a strong relationship between both parameters, points to the
assumption that this direct correlation holds only when the same water mass or bloom
event is observed over a certain time, but fails when slightly diﬀerent water masses or
bloom events are sampled.
Based on our observations, we developed two linear parametrizations for diﬀerent times
of the year:
p,300−130/h = (0.05± 0.25)× nDIC35 − (81.9± 2.4)
p,130−300/h = (13.61± 0.91) (9.1)
Other parameters such as nitrate concentration in the surface water did not show a
signiﬁcant correlation with p for the data presented here. Also the isotope signature of
dissolved inorganic carbon did not show a signiﬁcant inﬂuence on the fractionation.
Figure 9.6 shows p calculated from available parametrizations with respect to seawater
properties between 10 ◦W and 25 ◦W. Please note that none of the cited parametrizations
claim to correctly reproduce the seasonal variability. There were relative large deviations
between the individual parametrizations and none of them could reliably reproduce the
observed seasonal changes of p. The data calculated from the work of Rau et al. (1992)
which was measured in the same area as our data overestimates the amplitude, giving too
large fractionations in winter and too small ones in summer time. The parametrization of
Popp et al. (1989) which is based on measurements in lakes in New Zealand can reproduce
the amplitude, but shows an oﬀset of about 1-2h. The two other parametrizations
show a too small amplitude, but the work of Goericke and Fry (1994) captures the
summer data, whereas the work of Young et al. (2013) is in agreement with our winter
measurements. For estimating the seasonal variations of δ13C(DIC) from the variability
of DIC concentration, it did not make a signiﬁcant diﬀerence which equation was used.
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Figure 9.6: Comparison of diﬀerent parametrizations which relate p to carbon system
parameter or nitrate concentrations.
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However, none of these parametrizations could resolve the strong variability during the
spring bloom, implying that the concentrations of CO2 or NO
−
3 in surrounding seawater
are not determining the fractionation during primary production under relative intense
bloom conditions. For the interpretation of δ13C of sedimented POC, however, it is more
important to correctly capture the spring/summer fractionation since during this season
most of the carbon export takes place.
As already introduced in Section 2.3, the ﬁnal fractionation factor is a result of the
fractionation caused by two main processes during carbon ﬁxation, the transport of
inorganic carbon into the cell and the carboxylation reaction of the enzyme RubisCO.
A smaller fractionation points to an increased inﬂuence of the transport process to the
overall reaction rate. Based on this theory, it was shown that there is a correlation
between the growth rate µ or µ/CO2 and p (Ohkouchi et al., 2015; Rickaby et al.,
2010; Baird et al., 2001; Popp et al., 1999; Laws et al., 1995). Correlations were also
found for parameter closely related to the growth rate, such as colony size, light intensity
(Tchernov and Lipschultz, 2008), nutrient availability (Eek et al., 1999) and the species
distribution (Falkowski, 1991).
The data shown in this work lead to the conclusion that the seawater carbon and
nutrient concentrations have only a small inﬂuence on p and can only be the dominant
factor during winter time or oligotroph conditions, whereas processes at the cell water
interface or within the cell can have a much larger inﬂuence and easily determine the
overall p during bloom periods.

10 Conclusions and outlook
The objectives of this thesis were to establish δ13C(CO2)-CRDS measurements on a
voluntary observing ship and to use the obtained data to draw a picture of processes
that drive carbonate and nutrient dynamics in the upper North Atlantic Ocean. Another
task of this work was showing the potential that such a diverse time series dataset for
the North Atlantic dataset holds for separating important processes. Moreover, the use
of stable carbon isotope data as an additional parameter for the carbon system and for
calculating the net community production should be explored. So, what can we learn
about the North Atlantic from the data presented in this thesis?
The three years of fCO2 and δ13C(CO2) data in the North Atlantic that were obtained
during this work provide a good insight on the variations of both parameters on sea-
sonal and interannual timescales. In response to increased wind velocities and increased
maximal mixed layer depths during years with a positive winter NAO-index, the fCO2
decrease and the simultaneous δ13C(CO2) increase due to primary production in spring
and summer was more distinct than during the year with negative winter NAO index.
This could be a consequence of a higher nutrient supply through the deeper winter mixed
layer depth. However, our discrete sampling interval of about seven weeks was too large
to resolve these variations in the nutrient data and to verify this assumption.
When interpreting the diﬀerent regions that were studied in detail across the basin
it can be stated, that the variability in all parameters is increasing towards the west.
The amplitude of the seasonal cycles also increases towards the west for physical and
carbon system parameters, while the amplitude of the nutrient cycles is decreasing in
the same direction. This is in agreement with the westwards decreasing maximal winter
mixed layer depth. In all regions, the ﬂux associated with net community production
for carbon and nutrients becomes positive well before the onset of summer stratiﬁcation,
sometimes even before reaching the maximal mixed layer depth. This leads to the
conclusion that a major fraction of the primary production in the mixed layer takes
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place between February and May under conditions of a relatively deep mixed layer, i.e.
before the establishment of the strongly stratiﬁed summer system.
The eastern part of the basin (box 1025 (between 10 ◦W and 25 ◦W) and box 2540
(between 25 ◦W and 40 ◦W)), the seasonal cycle of carbon is determined by the interplay
of primary production in spring and summer and the entrainment of carbon-rich water
during convective mixing in fall and winter. The fCO2 is continuously undersaturated
with a disequilibrium of typically 50µatm from April to October and only a small dise-
quilibrium during winter of < 10µatm . The carbon ﬂux due to air-sea gas exchange was
calculated to be (2.22±0.47)molCm−2yr−1 (box 1025) and (2.54±0.54)molCm−2yr−1
(box 2540).
In both boxes, spring bloom reduces the DIC by about 80µmol kg−1 until it is termi-
nated by nitrate depletion. The corresponding δ13C(DIC) increases towards a maximum
in summer. This increase is caused by the preferred uptake of the lighter isotopomer
by primary producers. The entrainment of light, remineralized DIC during convective
mixing lightens the DIC pool again.
During bloom period, biomass is produced with a C:N ratio of 8-9 which is slightly
higher than during entrainment and the average Redﬁeld ratio but is in agreement with
the C:N ratio of suspended particulate matter during the spring period. Based on the
diﬀerent C:N ratios of suspended PM and suspended POM, the fraction of produced
inorganic carbon was determined to be between 20 − 30% with a slightly higher PIC
content during winter. During spring bloom, the fraction of PIC in PM is reduced due
to a dominating diatom bloom. The reduced carbon content in the entrainment ﬂux
suggests that more inorganic carbon is remineralized in deeper water than the organic
matter and also deeper than the maximal mixed layer depth.
The silicate is consumed by the diatom bloom until May and, after a species shift
away from diatoms, the bloom continues until July. During convective mixing, the
entrainment of silicate is decoupled from that of nitrate and phosphate. This decoupling
leads to the assumption that the remineraliztion of biomass silicate is also occurring in
deeper water than that of the organic carbon, nitrogen and phosphorus compounds.
The amounts of ﬁxed carbon and nutrients during the bloom were calculated to be
(11.3 ± 1.9)molCm−2, (1.06 ± 0.14)molNm−2, (44.0 ± 5.6)mmolPm−2 and (576 ±
73)mol Sim−2 in box 1025 and (7.3 ± 1.1)molCm−2, (1.13 ± 0.11)molNm−2, (50.3 ±
7.2)mmolPm−2 and (602± 48)mol Sim−2 in box 2540.
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Some parameters, such as the concentration of Chl a, suggest the appearance of a
nutrient-triggered fall bloom. For box 2540, a NCP of about 30% of the spring bloom
was calculated during the fall and winter period. For box 1025, the uncertainty of the
entrainment ﬂux did not allow a signiﬁcant estimate of the fall bloom intensity However,
since silicate and nitrate run into depletion during summer, a small bloom activity in
fall is likely, too.
In the western region (boxes 4055 - sub and 4055 - pol (both between 40 ◦W and
55 ◦W)), the picture is slightly more diverse. Two water masses with diﬀerent charac-
teristics mix; the cold and fresh water of the Labrador Current and the warm and saline
Gulf Stream water.
The fCO2 in both boxes shows a steep minimum caused by the spring bloom and a
temperature driven maximum in late summer. This maximum can change the sign of
the air-sea disequilibrium for a short time, but during the rest of the year the seawater
is undersaturated in CO2, as well. This undersaturation can reach values of ∆fCO2 =
−150µatm during spring bloom. The carbon ﬂux due to air sea gas exchange was calcu-
lated to be (3.20±0.54)molCm−2yr−1 (box 4055 - sub) and (2.11±1.05)molCm−2yr−1
(box 4055 - pol).
The DIC concentration decreases until day 150 and then stays more or less constant
for a while. This decrease is associated with an increase in the abundance of the heavier
isotope and a rapid decrease of all nutrient abundancies. Around Julian day 120, all
nutrients have reached their minimum concentration. Nitrate and silicate concentra-
tions are below the detection limit. The relative consumption of the diﬀerent nutrients
indicates the prevalence of nitrogen ﬁxation in box 4055 - sub.
The ﬁxed carbon and nutrients during the spring bloom period were determined
as (10.7 ± 1.2)molCm−2, (1.02 ± 0.13)molNm−2, (62 ± 75)mmolPm−2 and (418 ±
52)mol Sim−2 in box 4055 - sub and (3.23± 0.43)molCm−2, (0.224± 0.026)molNm−2,
(14.5± 1.7)mmolPm−2 and (152± 18)mol Sim−2 in box 4055 - pol.
After spring bloom, the DIC concentration continues to decrease towards a minimum
in late summer. This decrease is correlated with a decrease in salinity and is most likely
caused by mixing. However, a simultaneous increase in δ13C(DIC) indicates that this
admixed water mass has a strong biological background. Whether this biological signal
stems from a nutrient-triggered fall bloom or an upwelled subsurface bloom could not
be distinguished, but both scenarios are possible explanations.
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During convective mixing in winter, carbon and nutrient rich waters are mixed to the
surface. For the box 4055 - sub, a fall bloom could be observed which ﬁxes about 1/3
of carbon ﬁxed during the spring bloom.
One year of data of stable carbon and nitrogen isotopes of suspended particulate matter
gave a hint at their seasonal and spatial variability. The stable carbon isotope ratio
of POM was lowest in winter and had a maximum during summer. The fractionation
between POM and CO2 during carbon ﬁxation, p, was related to the salinity-normalized
DIC concentration. However, the variability in this fractionation during bloom periods
could not be resolved by a parametrization based on bulk parameters such as the seawater
DIC or CO2 concentration. Processes occurring within the cell or at the cell wall have a
larger inﬂuence and determine the supply of carbon to the cell. The δ15N(PON) revealed
the occurrence of nitrogen ﬁxation all across the basin.
The use of stable carbon isotopes alone to quantitatively distinguish biological inﬂu-
ences from mixing ﬂuxes could not be performed. The isotope ratio estimated for a ﬂux
caused by lateral transport was too close to that of a ﬂux due to primary production.
The propagation of uncertainties associated with the calculation of the input variables,
such as measurements uncertainties and the spatial and temporal variability of the data,
were too large to yield a reliable output.
For a consistent overview of seasonal and spatial variations in δ13C(DIC), also within
the water column, publicly available δ13C(DIC) data from research cruises between 1981
and 2012 was collected and combined with unpublished data from six additional cruises.
This compilation was quality controlled by conducting a crossover study and published
at CDIAC (doi:10.3334/CDIAC/OTG.NAC13v1), so that it can be used for future esti-
mates of integrated anthropogenic carbon.
This work demonstrates, that measuring full seasonal cycles of carbon parameter and
nutrient concentrations holds a large potential for getting a consistent picture of upper
ocean carbon dynamics. However, to some extent, the interpretation and the budget
calculation is still limited by the sampling interval and the latitudinal shifts of the vessel
track between diﬀerent crossings. Increasing the sampling rate and the spatial coverage,
by operating more pCO2 systems with sampling program on commercial vessels, or
decreasing the interval between crossings with discrete sampling program, could further
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improve the calculations and the entire dataset. There is a restriction concerning time
and missing ﬁnancial resources, though. Therefore, a more promising approach would be
to develop and install more autonomous instruments for various parameters such as TA,
nutrients or organic carbon. Developing system components, which could be installed on
a new VOS with less eﬀort than an entire pCO2 system, and coupling them with small,
low maintenance and easy to handle sensors could also be useful. The network that was
developed in a whole series of European projects, such as CarboOcean, CarboChange
and ICOS, for the coordination and quality control of fCO2 measurements during the
last years should be kept up and expanded to include other parameters or combined
with already existing networks.
However, if we aim at gaining a better understanding of such a large, complex and
important system as the North Atlantic and enable an improvement of the reliability of
forecasting routines for future changes, a strong new attempt should be made. A VOS
can provide an excellent, cost-eﬃcient platform for sampling various parameters. By
combining our systematic chemical measurement program with a systematic sampling
of, for example, biological parameter such as community structure or gene analysis
our understanding could be signiﬁcantly improved. Besides, expanding our sampling
program to other disciplines, the cooperation with already existing sampling programs
such as the Continuous Plankton Recorder Survey, should be established.
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Figure 11.1: Wind speed (left panel), fCO2,ATM (central panel) and δ13C(CO2)ATM
(right panel) that were used in the model calculations. (blue: box 1025,
red: box 2540, purple: box 4055).
Figure 11.2: Variations in the latitudinal distribution of the data in each regional box
(2012: circle, 2013: triangle, 2014: cross; dark blue: box means of underway
data, gray bar: box mean ± standard deviation of underway data, light
blue: SST at sampling position).
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Figure 11.3: Average summer proﬁles of DIC (blue) and δ13C(DIC) (red) for each re-
gional box. The respective mean standard deviation is shown in gray.
The DIC data were taken from GLODAP v2 (Olsen et al., 2016) and the
δ13C(DIC) data from NAC13v1 (Becker et al., 2016).
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Figure 11.4: Average summer proﬁles of nitrate (blue), phosphate (red) and silicate
(green) for each regional box. The respective mean standard deviation
is shown in gray. The data were taken from GLODAP v2 (Olsen et al.,
2016).
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Table 11.1: Overview of all measurements performed during the crossings.
cruise Month NDIR CRDS sampling
ID data data TA/DIC nutrients CN δ13C(DIC) i-POM
COM 12-03 Feb yes yes yes yes
COM 12-05 Mar yes yes yes yes
COM 12-06 Apr yes
COM 12-07 Apr yes
COM 12-08 May yes yes yes yes yes
COM 12-09 May yes yes
COM 12-11 Jun yes yes yes yes yes
COM 12-12 Jul yes yes
COM 12-13 Jul yes yes
COM 12-15 Sep yes
COM 12-16 Sep yes
COM 12-17 Oct yes yes yes yes
COM 12-18 Nov yes
COM 12-20 Dec yes yes yes yes yes
COM 12-21 Dec yes yes
COM 13-03 Feb yes yes yes yes yes
COM 13-05 Mar yes yes yes yes yes
COM 13-08 May yes yes yes yes yes
COM 13-11 Jun yes yes yes
COM 13-12 Jul yes
COM 13-15 Sep yes
COM 13-16 Oct yes yes yes yes yes
COM 13-18 Nov yes
COM 13-19 Nov yes yes yes yes
COM 14-01 Jan yes yes yes yes
COM 14-03 Feb yes
COM 14-04 Mar yes yes yes yes yes yes
COM 14-05 Mar yes
continued on next page
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continued from previous page
cruise Month NDIR CRDS sampling
ID data data TA/DIC nutrients CN δ13C(DIC) i-POM
COM 14-06 Apr yes yes
COM 14-07 Apr yes yes yes yes yes yes yes
COM 14-08 May yes yes
COM 14-09 Jun yes yes
COM 14-10 Jun yes yes yes yes yes
COM 14-14 Aug yes yes
COM 14-15 Sep yes yes
COM 14-16 Sep yes yes yes yes yes
COM 14-18 Nov yes yes
COM 14-19 Nov yes yes yes yes yes yes
COM 14-21 Dec yes yes
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